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University of Washington
Abstract

Glaciological Investigations Beneath

An Active Polar Glacier
by Kurt Marshall Cuffey

Chair of Supervisory Committee

Professor Bernard Hallet
Geological Sciences

Meserve Glacier, Antarctica, was used as a natural laboratory for research on the effective
viscosity of subfreezing polycrystalline ice, and on the interaction of cold-based glaciers
with their beds. A tunnel was excavated through basal layers of this glacier, which allowed
sampling of ice for subsequent measurements of physical and chemical properties and allowed
in-situ measurements of ice deformation and glacier sliding,.

Analyses of deformation reveal a direct dependence of strain rate on crystal size, which
reflects an important role for grain-size-sensitive deformation mechanisms such as grain
boundary sliding. The sensitivity of strain rate to chemical impurity content and rock
particle content is found to be very low. Variations of crystal size probably are an important
control on shear enhancement in the ice sheets. The enhanced shear strain rate inferred
from tilt of the Dye 3 borehole can be explained as a result of combined fabric and crystal
size variations.

I infer that interactions between Meserve glacier and its bed are influenced by the pres-
ence of liquid water films at ice-rock interfaces despite the low temperature of -17°C. Such
films allow slip at ice-rock interfaces and cause in-situ segregation of ice into clean lenses

amidst dirty layers. Using slip rate and bed surface roughness measurements [ infer a liquid



film thickness of at least tens of nanometers. Such films should generally be present in polar
glaciers, and will have a thickness controlled by soluble impurities and temperature. Analy-
ses of gas and isotopic composition of basal ices reveal that entrainment of bed material into
this glacier actively occurs without bulk freeze-on and conventional regelation. Cold-based
glaciers have the capacity to striate and erode their beds, and to create glacial landforms.

I reinterpret the clear and persistent relationship between §'8Q and 6D of polar precip-
itation, which allows isotopic composition to be an important tool for studying glacier-bed
interactions and deuterium excess measurements on ice cores to reveal subtropical paleocli-
mate. I argue that the isotopic composition of precipitation is determined by water-vapor
equilibrium to temperatures as low as -35 °C. This implies deuterium excess is not sensitive

to cloud supersaturation.
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Chapter 1

INTRODUCTION AND SUMMARY

An important goal of modern global environmental research is to achieve a sound under-
standing of the earth’s ice sheets and glaciers. There are several reasons for this. The ice
sheets are a major control on global sea level and planetary albedo, and have the capacity
to change the thermohaline circulation of the global ocean. Thus the ice sheets significantly
impact the environment of even distant, heavily populated regions. Moreover, the ice sheets
are capable of significantly changing their extent on time scales of centuries and millennia,
extremely rapid changes for geomorphic features of their size. Ice sheets and glaciers are
also important and unique repositories for information about past climates, as they are
composed of atmospheric fallout (condensed water vapor, trace gases, and aerosols) and
in places contain a continuous, high-resolution record of deposition spanning several hun-
dred millennia. Glaclers and ice sheets interact with their beds, and so are also important
geomorphic agents. Much of the mid to high-latitude and high-altitude landscapes of our
planet have been shaped by glacial erosion and deposition.

The work presented here is fundamental research in glaciology, whose general purpose
is to help investigators address the issues noted above. My work is one very small part
of current efforts of this sort, and should be viewed as a small element in a very large
and complex engine. The work is divided into four sections. Each involves, to varying
degrees, field investigations at Meserve Glacier, an alpine glacier in Wright Valley, Antarctica
(Holdsworth, 1974). There, following Holdsworth and Bull (1970) my colleagues and I
excavated a tunnel into the glacier to expose basal ice layers for investigation, motivated

by Holdsworth and Bull’s discovery that the basal layers here are strongly stratified with



respect to impurities, and look much like the basal layers found beneath the center of
the Greenland ice sheet (Gow et al., 1997). Attacking a small alpine glacier in this fashion
provides relatively easy access to a large section of basal ice; by contrast the only information
we have about basal ice of the ice sheets is from the few ice cores that have penetrated to
sufficient depth, and these are single cylinders never more than 25 cm in diameter. The
temperature and stress regime beneath Meserve Glacier are similar to those in significant
portions of the ice sheets.

For the remainder of this chapter I introduce, in abstract form, the four investigations
I have conducted under the auspices of the Meserve Glacier Project. The conceptual con-

nection between these is noted.

1.1 An In-Situ Rheology Experiment

Central to our understanding of the earth’s great ice sheets is our knowledge of the rheology
of polycrystalline ice, the material relationship between stress and deformation rate. For
example, if one wishes to predict the fate of the Greenland ice sheet in a warmer-than-
present climate using a numerical model (e.g. Huybrechts et al., 1991) it is necessary to
incorporate an accurate rheologic relation for ice into the calculations. - At present, the
effect of impurities on rheology is poorly known (but natural ice is seldom pure), and a role
for crystal size is generally discounted (a recent exception being the work of Goldsby and
Kohlstedt (1997)).

To improve understanding of the deformation properties of polycrystalline glacier ice,
and in particular the role of crystal size, chemical impurities, and rock particle impurities, I
analyze in-situ strain rates in the basal layers of the Meserve Glacier, Antarctica, following
Holdsworth and Bull. Strain rates were measured on the walls of a subglacial tunnel, and
ice properties (texture, fabric, and impurity content) were measured. I propose a simple
empirical model describing strain rate variations due to variations in crystal size and im-
purity content, and I use all relevant data to constrain model parameters. I conclude that

there is a direct dependence of strain rate on crystal size, which reflects an important role



for a grain-size-sensitive deformation mechanism such as grain boundary sliding. Chemi-
cal impurities are found to act through a grain-size-sensitive mechanism, but they do not
dominate this component of the deformation. The sensitivity of strain rate to chemical
impurity content is very low, such that in the ice-age ices of the Greenland ice sheet, there
is probably an immeasurable contribution of chemical impurities to strain rate enhance-
ment (the increase of shear strain rate relative to that expected for Glen’s Law), though I
cannot exclude enhancements as high as 1.5. According to my analyses rock particles have
no direct rheologic effect in the Meserve ices. I resurrect the idea (Barnes et al., 1971) that
variations of crystal size probably are an important control on shear enhancement in the
ice sheets, though this effect is generally dominated by variations of crystal fabric, as has
been concluded by most recent investigators. The enhanced shear strain rate of ice-age ice
in southern Greenland, as inferred from tilt of the Dye 3 borehole, can be explained as a
result of combined fabric variations and crystal size variations, with these two ice properties

accounting for roughly 70% and 30% of the average enhancement, respectively.

1.2 Basal Sliding at Subfreezing Temperatures

To conduct the rheology experiment, it was necessary to infer the disposition of chemical
impurities in the ice. I concluded that a significant fraction (5% to 20%) of the chemical
impurities in the study site ices reside in liquid layers (interfacial films) at the surfaces of rock
particles embedded in the ice. This may seem surprising due to the very low temperature
of the ice (-17 °C). The presence of liquid layers of this sort in cold ice may have important
consequences for interpretation of ice core paleoclimate records. Here I present independent
evidence for the existence of such layers.

I have observed sliding at the cold ice-rock interface beneath the Meserve Glacier, and
the segregation of ice into clean lenses amidst the dirty basal layers of this glacier. I interpret
these as manifestations of thin water films at ice-rock interfaces. I use Shreve’s (1984) theory
for sub-freezing sliding, and measurements of rock surface roughness, to infer the nominal

film thickness to be at least tens of nanometers, based on the measured rate of slip. Such



water films should exist around rocks in most polar ices. These films probably have high
solute concentrations due to the efficient rejection of solutes from growing ice, and due
to the ability of solutes to exchange (by diffusion) between films and the veins and grain
boundaries in polycrystalline ice, where impurities reside (the concentration of impurities
in grain boundaries is probably several orders of magnitude higher than in the bulk). The
role of interfacial films should be considered in analyses of ice core data. For example, such
films may allow migration of particles, facilitate homogenization of isotopes and chemicals,

and provide media (liquid and substrates) for chemical reactions.

1.3 Processes at Cold Glacier Beds

The presence of interfacial films, and associated slow slip at ice-rock interfaces, imply that
cold-based glaciers can interact with their beds in ways that facilitate entrainment of rock
material from the bed into the ice. This has important consequences for the efficacy of cold-
based glaciers as geomorphic agents, and for the generation of the rheologically-distinct
dirty basal layers of the ice sheets. Is there evidence that entrainment occurs at glacier beds
despite subffeezing temperatures?

Here I present measurements of the gas content and isotopic composition of debris-rich
basal layers of Meserve Glacier, which has basal temperature well below the bulk freezing
point. These show that debris entrainment has occurred without alteration of the glacial
ice, and provide the most direct evidence to date that active entrainment occurs at the
beds of cold glaciers, without bulk freeze-on or conventional regelation (for which there is
no thermodynamic constraint on the amount of water present at equilibrium). The debris
export resulting from such entrainment may be sufficient to explain the development of the
U-shaped trough in which the Meserve glacier rests. In addition to making some cold-based
glaciers important geomorphic agents, entrainment at subfreezing temperatures provides a
general mechanism for formation of dirty basal layers of polar glaciers and ice sheets. I note
the accumulating evidence pointing to the need to abandon the assumption that cold-based

glaciers do not slide and erode their beds.



1.4 Reconsidering the Meteoric Water Line

The use of the isotopic composition of ice to infer melt and refreeze processes, an approach
that was not available when Holdsworth and Bull conducted their work, is predicated on
the observation that the deuterium and oxygen isotope ratios in precipitation define a very
clear line on a plot of §'80 versus §D. This trend (called the Meteoric Water Line) is
one of the most spectacular and universal features of earth’s environmental geochemistry,
being both exceedingly clear and persistent, across space and through time. Through it,
nature is trying to tell us something important. Yet, despite over three decades of study, a
satisfactory explanation for this line has not been presented. Here I show that adopting an
unconventional view of how isotopic composition of precipitation is determined over the ice
sheets suggests an answer to this puzzle.

Is the isotopic composition of precipitation largely determined by liquid water even at
temperatures as low as -35 °C? Although contrary to current thinking, an affirmative answer
to this question directly solves the decades-old puzzle of why there is a clear and persistent
linear relation between deuterium and oxygen isotope ratios in polar regions precipitation.
This view firmly supports the use of ice core deuterium excess measurements ! to learn
past climates; according to the traditional view, deuterium excess should be very sensitive
to cloud properties (degree of supersaturation in particular), variations of which would

obscure the source-region climate signal.

1Deuterium excess refers to the quantity 6D - 8 §'®0. The average deuterium excess is the intercept of
the Meteoric Water Line.



Chapter 2

THE RHEOLOGY OF GLACIER ICE: ROLE OF CRYSTAL SIZE,
CHEMICAL IMPURITIES AND ROCK PARTICLES

An appropriate rheologic relation for polycrystalline ice is a keystone in our unaer-
standing of earth’s ice sheets and glaciers. The empirical rheologic relation most used by
glaciologists is the generalized Glen’s Law (Nye, 1957; Paterson, 1994) which describes
strain rate as a non-linear function of stress and temperature. Glen’s Law (hereafter GL)
is usually interpreted to be a manifestation of dislocation motion, a combination of easy
glide on basal planes and dislocation climb normal to basal planes (Duval et al., 1983; Alley,
1992), the latter being rate-limiting. A rheology dominantly reflecting these mechanisms
is independent of crystal size. Incompatible deformations in polycrystals may be accom-
modated by diffusional creep, which is crystal size-dependent, but this mechanism has not

been suggested to dominate ice deformation.

Several decades ago, Barnes et al. (1971) recognized that the increase of apparent
activation energy in GL at temperatures approaching the melting point (greater than about
-10 °C) most likely reflects an increasing role for a deformation mechanism such as grain
boundary sliding, and accommodation by transport along grain boundaries, possibly in
liquid films. Recently, Goldsby and Kohlstedt (1997; Peltier, 1998) have argued that, at
stresses typical of terrestrial ice, GL reflects important contributions from grain boundary
sliding at all earth temperatures. An important consequence of grain boundary sliding
is that polycrystalline ice rheology will depend importantly on grain size (Barnes et al.
(1971); Goldsby and Kohlstedt (1997)) (a grain is a single crystal for most applications in
glaciology). No grain-size dependence is permitted in the usual implementation of Glen’s

Law.



GL is without question a useful tool, but it does fail to describe significant strain rate
variations that have been measured in the ice sheets. A “fudge-factor” coefficient called
enhancement (E) is introduced as a multiplier of the stress term to describe these variations.
E is quantitatively very important, in some instances varying by one order of magnitude.

Three situations for which E is important are:

1. calculating flow of the Greenland ice sheet and Canadian Arctic ice caps, at the scale of
whole ice sheet models and at the scale of the ice-divide regions which are particularly
relevant to ice core studies. The lower portions of these ice bodies (consisting of ice
deposited during the last ice-age) are rheologically soft, with an average E relative to
overlying Holocene ice of 2.5 (Fisher and Koerner, 1986; Dahl-Jensen and Gundestrup,
1987; Paterson, 1991).

2. understanding the flow of dirty basal layers (DBL) which have a high rock content.
For example, E in such layers beneath Dye 3 and GISP2 are 4 and 7, respectively
(Dahl-Jensen and Gundestrup, 1987; Clow and Gundestrup, unpublished). A most
surprising yet uncontroversial measurement by Echelemeyer and Zhongxiang (1987)
shows E=120 for a rock-rich ice beneath an alpine glacier (the Urumqi) in the Tien
Shan. Even if they are thin, such extremely soft layers can contribute significantly to

the overall flow of an ice mass (Echelmeyer and Zhongxiang, 1987).

3. analyzing the distribution of velocities across ice-stream shear margins, for the purpose
of learning basal characteristics and force balance partitioning for these ice streams.

Estimates of E for the shear margins are as high as 12 (Echelemeyer et al., 1994).

Laboratory experiments have conclusively shown (Budd and Jacka, 1989; Jun et al,,
1996) that a significant source of E is variations in ice-crystal c-axis fabric strength (fabric
meaning the statistics of orientations). The dependence of viscosity on fabric strength is a
consequence of the strong deformation anisotropy of single ice crystals (Lliboutry and Duval,

1985). Deviations of fabric from isotropic can plausibly account for nearly a factor of 10



variation in E (Shoji and Langway, 1988; Jun et al., 1996), and it is reasonable to suggest
that this is the only important control on F in natural settings. Paterson (1991) reviewed
all relevant data on the subject and concluded that crystal fabric variations cause most of
the softening of the ice-age ices, noted above. Analyses of tilt of the Dye 3 borehole have
shown, however, that fabric cannot be the sole control (Dahl-Jensen and Gundestrup, 1987;
Paterson, 1991); a recent, detailed study strongly suggests that fabric effects account for no
more than 70 % of the F' variations at Dye 3 (Thorsteinsson et al., in press). Nonetheless,

Paterson’s conclusion that crystal fabric variations are dominant is sound.

Many researchers have noted that E variations in the ice sheets correlate strongly with
rock particle content, chemical impurities, and crystal size (Dahl-Jensen and Gundestrup,
1987; Fisher and Koerner, 1986) and have suggested that these are a major control on
E. In recent years, crystal-size variations have been discounted, for several reasons. First,
Jacka (1984) has shown that crystal size evolves to an “equilibrium” value for a given strain
rate, and therefore is clearly a consequence of strain-rate. This does not, however, mean this
equilibrium value is independent of possible crystal size-dependent deformation mechanisms.
Further, Dahl-Jensen et al. (1997) have shown that the equilibrium crystal-size is not purely
a function of strain rate but also of impurity content. Second, the apparent dominance
of dislocation creep over grain-boundary sliding and diffusional creep as the mechanism
responsible for GL argued against a direct grain-size dependence. Third, Paterson (1991)
cites laboratory experiments on ices from Vostok (Pimienta et al., 1988) and Dye 3 (Shoji
and Langway, 1988). Paterson’s argument is weak, primarily because both data sets contain
a large range of crystal fabrics, whose effects could obscure a modest, but important, grain
size dependence. Also, most of these tests were conducted at stress levels much higher than
those in ice sheets, which favors dislocation creep mechanisms, according to Goldsby and
Kohlstedt (1997). Further, the Shoji and Langway analysis used inferred grain size rather
than measured grain size (their Table III), except for their Figure 1 which shows a better
correlation of E with grain size than with sonic velocity (a proxy for fabric strength). Direct

evidence from the ice sheets arguing against a grain size-dependent rheology is lacking.



In any case, having discarded grain size from the list of strain-rate controls, investiga-
tors have attributed E variations unaccounted for by fabric variations to chemical impurities
and/or rock particles (Paterson, 1991; Thorsteinsson et al., in press). Laboratory experi-
ments have shown that single ice crystals become substantially softer upon doping by acids
(HF and HCI) that can substitute in the crystal lattice. One set of experiments examined
the rheologic effects of an important natural salt, NaC!, and found that this impurity stiff-
ens ice single crystals (Riley et al., 1978). The relevance of these studies to the ice sheets
is unclear, as most impurities will be interstitial, if in the crystal, and the dominant acids
in the ice sheets are sulphuric and nitric, and these are neutralized in the dust-rich ice-age
ices of Greenland. Further, impurities most likely segregate to grain boundaries (Paren and
Walker, 1971). Accumulation of impurities at grain boundaries would likely facilitate grain
boundary-dependent deformation mechanisms like sliding and diffusion (Holdsworth and

Bull, 1970; Barnes et al., 1971; Fisher, 1987).

Studies of rheologic effects of dispersed rock particles have shown widely conflicting
results (see review in Budd and Jacka, 1989), with substantial stiffenings and softenings
both reported at 10% volume. Some of this variation may be meaningful. If rock particles
embedded in ice are surrounded by liquid films, they may act as soft inclusions because ice
can negotiate them by regelation and boundary slip (Echelmeyer and Zhongxiang, 1987).
If no liquid is present, rocks will act as hard inclusions and stiffen the ice in a local region
around each particle due to viscous effects (e.g. Durham et al., 1992) and due to interaction
with dislocations (Ashby, 1969). If grain boundary sliding is important, particles can stiffen
the polycrystal by pinning grain boundaries (Ashby, 1980). At concentrations high enough
for particle-particle interactions to become important, stiffening most likely occurs (Hooke
et al., 1972), though the one observation of Echelmeyer and Zhongxiang (1987) in a frozen
till with 60 to 70% rock content contradicts this in a spectacular fashion. Recent reviews
of ice rheology have concluded that rock particles are unlikely to be significant at the low
concentrations found in the ice sheets, with the possible exception of the dirty basal layers,

for which a direct role of rock particles is a leading contender.
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To discern the contributions to E of all these factors (fabrics, impurities, and crystal size)
several, complementary, approaches are valuable. Laboratory experiments (“ice-squeezing”)
have produced important results but have two difficulties. First, they are generally con-
ducted at stresses higher than those of interest in the ice sheets. This is a particular problem
in view of Goldsby and Kohlstedt’s (1997) claim that while dislocation creep dominates at
high stresses, grain-boundary sliding becomes important at lower stresses typical for glaciers
and ice sheets. Second, laboratory experiments on polycrystals do not control the crystal
fabric and the grain size. The difficulty this causes for interpretation is illustrated by the
study of Dahl-Jensen et al. (1997). In the course of her experiments, crystal size and fabric
continually evolved, rendering the final ice textures rather different from the original. It
would be desirable to determine an instantaneous strain rate at the beginning of such ex-
periments, but this would raise other questions concerning possible annealing of ice samples

and other ice properties that will be different under steady state creep.

Thus, in-situ deformation studies, such as analyses of tilt of the deep boreholes in the
ice sheets are extremely valuable, despite the fact that stress is inferred, not measured.
The results of these studies have not, however, been generally diagnostic because variations
in enhancement, fabric, most impurities, and crystal size are strongly correlated (high-
enhancement ices generally having strong fabrics, high rock and ion contents, and small

crystals).

The study presented here is an in-situ ice deformation study. Following Holdsworth and
Buli (1970), my colleagues and I excavated a tunnel through the basal layers of the Meserve
Glacier, an alpine glacier in Wright Valley, Antarctica. The basal layers of this glacier have
a high but variable impurity content (Holdsworth, 1974). Many of these impurities appear
to be derived from entrainment of bed material. The strength of correlations between
candidate rheologic controls here is therefore much weaker than in the ice-age ices of the ice
sheets, providing a fresh perspective on this old problem (and a resurrection of Holdsworth
and Bull’s efforts). The fabric strength is also much more uniform here than in the ice

sheets, with most ices of the basal Meserve having a very well-developed single maximum
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normal to the planes of shear (Anderton, 1974). Total ion contents in the Meserve basal
ices average 200 micromoles/L, a factor of 20 greater than the dirtiest ice-age ices from
Greenland, but vary over a huge range, from 35 to 880 micromoles/L.

The goal of this study is to propose a simple empirical model for E variations due to
variations in crystal size z;.nd ionic and solid impurities, and to use measurements of strain
rate and ice properties for Meserve glacier ices to constrain model parameters. I explore
the applicability of the resulting calibrated model to the ice sheets. The results obtained
here are essentially for one temperature (-17 °C) and one stress (approximately 0.5 bar).
Fortunately, these conditions are important ones for many glaciologic problems.

I fully acknowledge that the results of this analysis depend entirely on this one glacier
and therefore may be peculiar to it. This paper is one small part of the community-wide

effort to understand ice rheology better.

2.1 A Semi-Empirical Model

I assume that the enhancing effects of grain-size and impurities can be represented by a
scalar coefficient (E,) that multiplies a 2nd-rank tensorial function (¢) of crystal fabric
and stress (an “anisotropic flow law” for clean polycrystalline ice which is equivalent to the

GL for an isotropic fabric)

= A(T) Ew £ (. 5) (2.1)

lim.

in which ¢ is strain rate, A is a strongly increasing function of temperature as inferred from
numerous studies and compiled by Paterson (1994), £ is the deviatoric stress tensor, and
S a tensorial description of crystal fabrics such as the average Schmid tensor (Azuma and
Higashi, 1985; Alley, 1988). Obviously, a “true” Eyq is likely a function of temperature,
but I have no capacity to resolve temperature dependence here; A in this study will be a
constant coefficient for the temperature at which strain rates were measured (=-17 °C).

I also are not proposing here any additions or alterations to éF relative to the several

proposals for it in the literature. I follow Thorsteinsson et al. (in press) in considering
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two end-member views of the function i, the Azuma model (Azuma, 1994; Azuma and
Goto-Azuma, 1996) which assumes uniform strain rate throughout the polycrystal and the
Sachs model which assumes uniform deviatoric stress (van der Veen and Whillans, 1994;
Thorsteinsson et al., in press). For a single deformation component, these end-members
differ primarily by a constant multiple, such that i will vary with crystal fabric twice
as much in the Azuma formulation as in the constant stress models. Thus, because the
prefactor A is not known a priori to better than a factor of approximately five (Paterson,
1994), and because A multiplies Ei’ in-situ studies such as this one cannot resolve which of
these models is more appropriate (Thorsteinsson et al., in press) for most fabrics. Though
unfortunate, this does assist my analyses by reducing the effective number of free parameters

in the model.

2.1.1 The New Term

In proposing a form for Eyq I am guided by the following considerations

1. algebraic and conceptual simplicity

2. following Goldsby and Kohlsted (1997), we suppose that bulk strain rate is the sum

of a grain-size-dependent mechanism(s) and grain-size-independent mechanisms

3. I allow that the dependence of E, on ion content may be non-linear, due to lattice satu-
ration effects (e.g. the laboratory experiments of Nakamura and Jones (1970) showing
sub-linear dependence) or due to non-linear dependence on the grain boundary ion
content (e.g. the strain rate mechanism depends on the grain-boundary thickness in

a non-linear fashion, and this thickness is proportional to bulk ion concentration)

4. Rock particle content may correlate with strain-rate either because particles affect
rheology directly, or because (indirectly) a certain fraction of the measured bulk ion
content is actually derived from rock-surface interfacial films (Dash et al., 1995; Cuffey

et al., in press; Chapter 3) or the rock surface itself. This fraction of the ions is not
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residing in grain boundaries or within the crystal lattice and therefore does not directly

affect the rheology of ice with widely scattered mineral particles.

The class of models I explore describes variations of F.4 relative to its mean as

Eoq

—_— = -m £ A —-A
™ 1+wD 1+Zi:7Ac, 1+ nA) " + 8V (2.2)

Here D is the average grain size (diameter in mm), m is a constant (found, but not forced,
to be positive), and w is is a positive number reflecting the relative importance of the size-
dependent component to the size-independent component. In the limit w — oo the grain-
size-dependent component completely dominates the rheology, while in the limit w — 0 it
is negligible. Normalizing to the constant (E,,) indicates that I do not know the extent to
which the term multiplying w is present in the standard compilations for flow-law prefactors
A (Budd and Jacka, 1989; Paterson, 1994).

The D-dependent component is enhanced by ions ¢ = S04, CI,--- of bulk measured
concentration Cj, according to a simple power relation with exponent A and prefactor 'yi.
The inferred prefactors not only depend on the ion considered, but also necessarily on the
non-linearity. The notation v, is therefore a necessity. I have measurements of 9 ions. Using
all 9 ions in the sum would not produce meaningful results, as many of the ions are strongly
correlated. Typically I use ohly three ions, which are representatives of strongly correlated
ion groups. Most commonly I use SOy, C!, and inferred acidity (denoted +), so for example

the coefficient multiplying wD~™ is
1+ (7150"050,, +7'Cor + ’)’1+C+) (1+74,)7" (2.3)

in the case of a linear dependence on concentration.

The fractional reduction of measured ion content to account for storage on/in rocks
depends on a constant 7 (units of length) and the measured area of rock per volume of ice
(Ay). I choose to represent this fractional reduction using a divisor (1 + nA,) rather than
a coefficient (1 — nA,) because the divisor ensures there will be no change of sign at large

A,. In the analyses I have tried both and found that it makes little difference.
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Equation (2.2) implies that ions act only via a grain-size dependent mechanism, for
example by facilitating grain-boundary sliding. I prefer such a mechanism because most
ions will be interstitial, if in the crystal interior, and because the concentration of ions in
grain-boundaries is likely very much higher than the concentration of ions in the crystal
interiors. Most importantly, I will justify this post-facto below; I have found that models
for which grain-size and ions are separate, additive terms in F,.q are unacceptable. Writing
a more general form for equation (2.2) which allows this possibility has a high cost in
simplicity, so I address such additive models separately below.

Finally, the term AV, permits a direct rheologic effect of fractional rock velume V,
{volume of rock per volume of ice), according to a single constant 3. A, and V.. are very
strongly correlated, and both are generally correlated with ionic content. Thus the direct
rheologic effect may be difficult to separate from the “ion storage” effect. The dependence
on V. was kept strictly linear for simplicity, which appears reasonable as the highest V.

values are only = 0.02.

2.2 Analysis of Meserve Glacier Data

I use measurements of ice properties and in-situ strain rates to find best-fit values for free

parameters in equation (2.2) using standard geophysical inverse procedures.

2.2.1 The Tunnel and Measurements of Ice Properties

In the austral summer of 1995-96 my colleagues and I excavated a 20-meter-long tunnel
into the basal layers of the Meserve Glacier, at the northeast margin beside the Holdsworth
and Bull (1970) camp. The tunnel was approximately two meters high and one meter wide.
It was excavated with chain saws, pick-axes and shovels. The tunnel entered the glacier
normal to the marginal cliff, and curved up-slope to parallel the flow-line (see Figure 2 of
Holdsworth, 1974). The total extent of my excavations was paltry compared to the earlier

efforts of Holdsworth and colleagues (Holdsworth, 1974, Figure 7).
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Strain Rates

1 excavated two alcoves (0.7 meters in depth, ~1.2 meters wide, ~2.0 meters high) for the
strain-rate measurements, one at 8 meters from the tunnel entrance, and the other at 16
meters. The rear walls of these were smoothed, and regular arrays of metal bolts were
frozen into place in drill holes. The plane of the grid at 8 meters (hereafter referred to as
the D-grid [downflow]) was angled approximately 10 degrees from the flow-line, and was
positioned to take advantage of prominent layering of the stratigraphy, seen as three bands
of “amber”-colored rock-particle-rich ice amidst white, bubbly, clean ice. The plane of the
grid at 16m (hereafter referred to as the U-grid [upflow]) was parallel to the flow line, and

had a simpler stratigraphy, with one prominent amber layer.

The D-grid had 18 horizontal rows of bolts, spaced 0.1 m apart vertically, and three
columns, separated by 0.1 m. The U-grid had 17 horizontal rows of bolts and three columns,
with similar separations. Distances between neighboring bolts were measured with microm-
eters, once in late December 1995, once in late January 1996, and once in December of 1996.
I calculated strain rates from changes in relative bolt positions, using standard techniques
(Rasmussen and Waddington, 1993), yielding 17 measurements of strain rates at the D-grid
and 16 at the U-grid, each with a redundancy of four. Inferred strain rates using the Jan-
uary 1996 and December 1996 data are nearly identical, indicating the measurement error
is very small relative to the signal (for shear strain rates) and that no measurable temporal

change of the strain rates occurred.

2.2.2  Ice Sampling.

I extracted, by chainsaw, six vertical columns of ice from the tunnel walls, from 7.0 m, 7.5
m, 9.5 m, 10.5 m, 11 m, and 16.5 m from the tunnel entrance. Ice from these was used for

chemistry, particle, and density measurements, and to make thin sections.
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Chemistry

Complete vertical profiles of major ion content were obtained for the 16.5 m and 9.5 m
columns, and for a vertical profile through the amber-layer banding and adjacent white
ice at 7.5 m. Columns were subsampled at approximately 4 cm resolution in the stratified
portions, and at 10 cm resolution in the upper white ices. Major ion concentrations (Na, K,
Mg, Ca, NH,, Cl, NO3, SO4) for these samples were obtained by ion chromatography at
the University of New Hampshire glaciochemistry lab using standard, stringent cleaning and
filtering procedures (Buck et al., 1992; Mayewski et al., 1997). Average charge imbalance
was 5% (missing negative charges, likely bicarbonate). Samples with missing positive charge
were few, except for those from the upper portion of the 9.5 m profile. where approximately
5% positive charges were missing. I assume these to be H¥.

Repeat measurements on the same samples revealed a very high reproducibility of chem-
istry measurements (to within a few percent). A few samples were run without immediately
filtering rock particles, and these had up to 10 % higher ion contents. Rock particles were

immediately filtered for all the measurements used here.

Particles

Twins of all samples for chemistry analysis were saved and weighed, and rock mass fraction
determined by melting, filtering, drying and weighing (filter pore size was 2.5 micron). Sub-
sequently, particles were re-suspended and agitated, and grain-siz;e distributions measured
using a laser-light scattering and extinction instrument (the Model 770 AccuSizer of Particle
Sizing Systems, Santa Barbara, California, operated by the Batelle Pacific Northwest Labo-
ratory, Richland, Washington). Particle size distributions were found to be quite consistent
throughout the “amber” ices, with a mean size of approximately 0.2 to 0.7 mm, as found
by Holdsworth (1974). An estimate of rock surface area per volume of rock was made for
each sample by approximating the particles as spheres.

Some of the size-distribution measurements for the clean ices were questionable due

to the low total rock content. This possible error has little consequence for subsequent
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analyses, due to the near-zero values for rock volume in these ices.

Void Fraction

Prior to melting to extract rock particles, I measured the “twin” samples’ density, using
an isostatic weighing procedure. Void fraction was then estimated from these bulk density
measurements, the rock mass measurements, and an assumed density for ice crystals (920

kg - m~3) and for rocks (2650 kg - m™3).

Thin Sections

I prepared thin sections from the ice columns using standard procedures (separating ice
slices with a band saw, smoothing one surface, affixing it to transparent plates using freeze-
on and/or glue and reducing the ice to sub-millimeter thickness). The rock-rich amber ices
presented a special challenge. The smoothing and thinning of amber ice slices was done
with sand paper with various grit sizes (finer grit being used toward the end of the task);
abrasion and chipping rapidly destroyed metal blades, necessitating the more laborious task
of “sanding”. Before freeze-on, visibly protruding rock particles were plucked from the

surface to ensure a smooth contact. A total of 45 thin sections were prepared.

Crystal Size

Thin-sections were photographed under crossed polarizers, and crystal size measured from
the photographs using the linear intercept method. The average length per grain was

multiplied by 1.5 to approximate the crystal diameter (Underwood, 1970).

C-azxis Fabrics

For 35 of the thin sections I measured c-axis orientations for at least 100 grains, using
crossed polarizers and a Rigsby Stage (Langway, 1958). Proper corrections for refraction
effects were made, following Kamb (1962). Selection of grains for orientation measurement

was randomized by dropping a pointer onto the thin section. Thus my c-axis fabrics are
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“area-weighted”, which is proper for rheologic calculations. Thin sections were taken parallel
to the plane of shear, with a £10° uncertainty in the orientation of the normal to the thin
section, and a £10° uncertainty in the azimuth relative to the flow direction. In many
cases, the uncertainty on the orientation relative to the shear plane was smaller, because
visible, bed-parallel strata guided the cutting of the thin section. The azimuth is known
so well because the elongate bubbles provide a built-in directional indicator (Holdsworth,

1969, Figure 8; Holdsworth, 1974).

The amber ices again presented a special difficulty, due to their very small grain sizes (0.6
mm apparent diameter seen in section). In his study of Meserve ice petrography, Anderton
(1974) did not obtain any fabric data for the amber ices, but noted that they appeared to
have a strong fabric. I was able to obtain fabric data by using optical binocular magnifying
glasses (manufactured by Donegan Optical Company, Lenexa, Kansas) which provided an
effective magnification of ~ 2x. The main difficulty proved not to be the uncertainty in
identifying the angular position of maximum extinction (as one might suppose) but rather
the task of tracking a single grain through rotations of the stage. A successful measurement
was obtained in only approximately 30% of the attempts. This, plus the small absolute sizes,
almost certainly introduced a “large-grain” bias to the resulting fabric data in addition to
the intentional one for proper area-weighting; I probably did not measure any orientations

for grains with the average apparent diameter of 0.6 mm or less.

Excepting this problem, I am confident that the fabric data I obtained for amber ices
are accurate. The amber-ice fabrics are quite similar to the fabrics obtained from white
ices, with the strong shear-normal single maximum that is characteristic of simple shear
flows. For one of the amber ice thin sections, I prepared a companion section from amber
ice a few centimeters higher in the column, but with a tilt of 35° relative to the original.
The inferred fabric had 7° broader dispersion of c-axes, most likely reflecting a greater
error in identifying extinction position for grains that are significantly tilted relative to the

thin-section plane or its normal.
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2.2.8 Using Fabric Data

I calculate g__f_ directly from c-axis fabric data and assumed stress tensors according to Azuma
(1994) and van der Veen and Whillans (1994), the latter being an application of the model
due to Sachs. After the fact, I found that the fabric relations and various stress assumptions
I use make little difference to the final results, and my analysis has little resolving power

for distinguishing amongst them. Some readers may wish to skip this section. I denote
F,A

calculations of E_F_ using the Azuma and Sachs models as ¢2% and g , respecitvely.

Considering a single crystal, assumed to deform by basal glide in two orthogonal di-
rections k with Burger’s vectors B¥ in the global coordinate system z; (i.e. a convenient
coordinate system for the glacier as a whole), the resolved shear stress on the basal planes
of a crystal with c-axis orientation vector c; is 7% = B¥c;7;;. The tensor BEc; is called the
Schmid tensor and denoted Sf;

In the Sachs formulation, the stress acting on each crystal is assumed to be simply the
bulk stress 7;; and the bulk deformation is the average over all crystals (V in number) of

the deformations caused by the shear stress resolved on the basal planes

N n
=525 3 sk (shme) (24)

=1 k=1,2

where the sums over spatial directions p, ¢ = 1, 2, 3 are indicated by repeated indices and the
superscript F, S indicates the Sachs model is being used. A superscript F, A will indicate
the Azuma moadel.

The Azuma formulation (Azuma, 1994) assumes the slip direction is the direction of
maximum resolved stress on the basal planes (see Appendix 1 of Azuma, 1994), with a
corresponding Schmid tensor S;. The average value of Sj; for all grains is computed (ef-
fectively replacing the polycrystal with a single crystal having average properties), and the

uniform bulk deformation rate is

et = Aa(SE) ((Sp)mee)" (2.5)
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where the brackets () indicate the average over all N grains and again there are sums over
P,¢=1,2,3. The prefactors differ by A4 = 245 (Thorsteinsson et al., in press).

To use these formulae for calculating ef; I need to specify how the stress varies relative
to its mean, and the relative magnitudes of the various deviatoric stress components (the
mean value is unimportant because I treat the prefactor A as a free parameter). I adopt
two end-member views of the stress, one in which the stress perturbation caused by the
tunnel is ignored, and one in which I maximize its effect. This stress perturbation causes
tunnel closure, and I have measured tunnel closure rates at one cross-section in the tunnel,
15 m from the tunnel entrance. The closure rate was determined by measuring relative
distance changes between markers (metal bolts inserted and frozen into drill holes in the
tunnel wall) arranged in a line spanning both walls and ceiling of the tunnel (following
Holdsworth, 1974). Thus I have directly measured the closure velocity into the tunnel, and
the shear strain rate caused by this motion relative to the no-slip bed (the small slip rate
reported in Chapter 3 did have a component into the tunnel, but this few mm - yr~?! slip is
unimportant in this context).

Define a coordinate system with (z, z2, z3) being flow-parallel, flow-normal bed-parallel,
and bed-normal directions, respectively (also being sub-parallel to the long axis of the
tunnel, into the tunnel normal to the tunnel side walls, and bed-normal). The stresses
associated with the closure motions are a longitudinal closure stress 72 acting normal to
the tunnel wall, and a closure shear stress 73 acting on horizontal planes but perpendicular
to the dominant down-flow shear stress 7;3.

[ assume the dominant shear stress acting on the ice 713 depends on height above the
bed (x3) and is enhanced by increases in void ratio V, and has the form

(1-%)"
T3 = (1 _T‘if'b) (2.6)
in which, z3 is zero at the bed, H is the ice thickness, V} is the volume fraction of bubbles,
and v the power characterizing the effective spatial variation of stress with depth. This v

does not necessarily equal unity as it would if the weight of overburden controls the stress
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because it also reflects the variation in shear stress due to gradients in longitudinal stress
711 which I do not know, but which will generally oppose the upward decrease of 113 caused
by the decrease of overburden. Most importantly, the magnitude of 73 variation is almost
certainly small due to the small size of my strain grids relative to the glacier thickness.
[ have used values for v of 0.0, 0.3, 0.7 and 1.0, inclusive, and found that none of the
results presented below depend on this number in any significant fashion. My strain-rate
measurements provide a direct measurement of longitudinal strain-rate along-flow, which is
approximately zero. This may primarily reflect the near-vertical c-axis fabric and therefore
does not mean the longitudinal stress my; has a negligible effect on the (unknown) i3
gradient.

With regard to the tunnel effects, the two end-member stresses I consider are CASE 1

(the tunnel has no effect on the stress):

Ty =0 (2.7

T3 =0 (2.8)

and CASE 2 (there is a longitudinal stress into the tunnel, with a magnitude proportional
to closure velocity, and there is a shear stress associated with tunnel closure over a no-slip

bed):

2 1/n
— Maz ¢
T'_)z = TZZ [uznaz] (2.9)
. 1/n
T23 = T13 [6_2:1] (2.10)
€13

For the maximum value 753°* of the closure stress I use one-quarter of the overburden
pressure, or 1/4 (2 bar) = 0.5 bar, which I estimate to be approximately equal to 713.
One may be inclined to use one-half the overburden pressure for the maximum deviatoric
stress 753%%, but for a non-linear fluid such as ice the large stress-coupling lengths cause

a broad low-pressure zone around a subglacial tunnel (Weertman, 1972). In any case,
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these calculations are illustrative. u. in equation 2.9 is measured closure rate, which has
a maximum value of ¥™?= 0.04 m - yr~!, and the ratio of the two bed-parallel shears is
estimated from the direct measurements. These two stress scenarios are used explicitly in
equations (2.4) and (2.5) to calculate possible variations of the strain rate é;3, which is the
subject of all the analyses presented below. The absolute value of the stress 713 does not
matter in this context, only the relative values.

According to these rheologic relations the shear ¢;3 will depend only weakly on the other
stress components due to the strong crystal fabrics (a result very different from the classic
isotropic Glen’s Law if these stresses are used; however, if one assumed Glen’s Law to be
true, the stresses estimated directly from closure measurements would be very small relative
to the dominant shear, so the net result would be the same). I do not consider explicitly
any stresses Ty9, as these will act as an intermediate case between these two extremes.

Thus I have four end-member stress-fabric models: Azuma with no tunnel stresses,
Azuma with full tunnel stresses, Sachs with no tunnel stresses and Sachs with full tunnel

FA FA éF,S
y ST

stresses. Denote the é;;, components of these é é , and é;‘s, respectively. 1

describe the “true” éf, as a linear mixture of these. Introduce two free model parameters

eas and er which are each restricted to the range [0,1]. Then

= eas (1 - er)dA +eren®| + (1 - eas) [(1 — er)éS +epel® (2.11)

2.2.4 Analysis Method
Common Reference Frame

To interpret strain rate variations in terms of measured and derived ice properties, it is first
necessary to compile all data in one common spatial reference frame. For this I use the 33
0.1m vertical intervals corresponding to the strain rate measurements. I determined average
chemical and physical properties for each of these 0.1m intervals using linear combinations
(which are weighted averages) of the measured values from samples in the stratigraphic

layers composing the intervals. More precisely, the value for the 7" property in the 5** grid
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Table 2.1: Comparison of major ion concentrations (for two stratigraphic horizons) at two
locations separated by 3 meters along flow. Units are micromoles per liter.

Up-flow Samples Down-flow Samples

Na* ca* ¢”  sof Na* ca®* o  sof

Amberlce: 161 50 190 41 190 52 198 35
Whitelce: 14 6 23 5 12 7 22 9

interval, Pj;, is calculated in terms of the k measured values for this property M;; as
Pi=_ axMj (2.12)
k

where the coefficients a;; are restricted to the range [0,1] and subject to the requirement
3k aik = 1 (typically there are one to four non-zero terms in the sum). The a;; values were
selected a priori from stratigraphic maps of the tunnel walls that show explicitly: (1) that
specific stratigraphic layers contained in the strain-rate grid intervals correlate precisely
with certain stratigraphic layers in the measured profiles of ice properties, and (2) that the
0.1 m (vertical) by 0.5 m (horizontal) areas of ice surface centered on each of the 33 strain
grid rows consist of quantifiable proportions of the various stratigraphic layers.

The extrapolation/interpolation procedure (1) is justified because the between-layer
variability of ice properties is much greater than the along-flow variability, a direct conse-
quence of large shear strain. For example, the top-most amber ice layer in the D-grid was
sampled both 2 m up-flow and 1 m down-flow from the grid (Table 2.1), and the micromolar
jonic concentration differs by 10% between these two sites. For the white ice 0.2 m above
the top of this amber, the up-flow and down-flow difference is 17%. By contrast, the amber
and white ices differ in average ion content by a factor of 920% at the upstream site, and
990% at the downstream.

The partitioning procedure (2) is more difficult to justify conceptually, as it contains
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two approximations: that the rheologic properties of a mixed layer equal a linear mixture
of the rheologic properties of sub-layers, and that the relative proportions of various layers
seen on the strain grid wall equal the volumetric proportions, to whatever depth into the
wall is relevant to determining the strain rate. However, circumstance provides better
justification than concept. The complete range of variability between stratigraphic layers
is unambiguously represented, because many of the grid levels require no partitioning at
all, being all one layer. In such cases, having more than one non-zero term a;; simply
reflects averaging of repeat measurements of the same stratigraphic layer. Moreover, the
the stratigraphic layers are generally characterized by a horizontal span much greater than
the size of the strain grids, and much greater than their vertical extent.

All the final data used in the analyses are shown in Figure 2.1, after translation to
the common reference frame. Table 2.2 lists minima, means and maxima for all these
parameters. The c-axis fabric data derived from many of the thin sections are shown in

Figures 2.2 and 2.3.

Inversion Procedure

My task is to find values for the free parameters in equations (2.2) and (2.11) that best
describe the measured strain rates in terms of the data in all the other panels of Figure
2.1. This is only a meaningful exercise if the model variables vary independently to some
extent. Figure 2.4 shows correlations of the most important ice properties. This diagram
is encouraging; in contrast to the ice-age ices of the ice sheets, here there is significant
independent variation of crystal size, ionic content, fabric enhancement, and rock content.
Sulphate and Chloride vary independently to a significant degree. On the other hand,
rock surface area and volume are very strongly correlated, suggesting it will be difficult to
separate direct rheologic effects of rock particles from “ion storage” effects. The ions fall into
several distinct groups, within which the correlation is very strong. These groups are the
sulphate group (SO, and Ca), the chloride group (C! and Na), the nitrate group (NOs, K,
Mg), unbalanced positive charges (presumed acidity and denoted +), and ammonia (N Hy).
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Figure 2.1: Measured strain rates and all other ice properties used in the rheology analysis.
Top(bottom) panels are U-grid(D-grid) data. All variables are as in the text, except Ey
which is the enhancement of down-flow shear rate due to fabric relative to isotropic ice,
calculated using distinct models: 1. uniform stress model without tunnel stresses, 2. uniform
stress model with tunnel stresses, 3. uniform strain rate model without tunnel stresses, 4.
uniform strain rate model with tunnel stresses.
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Table 2.2: Summary of measured ice properties in Meserve basal ices. Cr is the total ionic
content. E4, Es, E4 1 and Egr are shear enhancements relative to isotropic ice calculated
according to Azuma and Sachs (A and S) with and without tunnel closure stresses (T°
indicates such stresses are included). All other variables as defined in text. Uncertainties
on single measurements, as determined by repeat measurement of identical samples, are
approximately +1.5 micromoles per liter for ions (increasing to =3 micromoles per liter in
the most impure samples), +0.003 for V;, and +:0.06 mm for D. Uncertainty on the E values
results primarily from uncertainty of the thin section orientations, and is approximately
+10%. Uncertainty on single measurements of the rock content were estimated not from
repeat measurements on the same sample, but from measurements on adjacent samples in
the same stratigraphic layers, and are approximately £15% in the amber ices.

Summary of Meserve ice Properties (grid values)

Minimym Mean Maximum Units

Na 118 651 201. pmolL”
NH, 007 044 128  pmoll’
K 027 398 223 pmolL’
Mg 0.73 880 411  pmoll’
ca 3.90 225  gi4  pmoil’
c 12.1 7614 353  pmoll’
NOy 0.41 840 493  pmoil’
sO, 249 1699 510 pmoil’!
cr 373 2023 881. pmoiL’
c. 0. 1.3 1.9 pmol !
vy 0014 0033 0043

v, 505 0033  0.021

A, 05 414 308,
Ep 470 630  7.42

Es 2.93 343 382

Epr 564 745 8.6

Esy 287 348 400

D 0.81 1.40 2.51 mm
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Figure 2.2: C-axis orientations for thin sections near the U-grid, and corresponding strati-
graphic positions (stratigraphy here represented by the micromolar sodium concentration).
Each thin section has at least 100 measured orientations. Note the generally stronger clus-

tering of c-axes high in the profile.
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Figure 2.3: C-axis orientations for thin sections near the D-grid, and corresponding strati-
graphic positions (stratigraphy here represented by the micromolar sodium concentration).
Each thin section has at least 100 measured orientations. Not shown here are five additional
sections which show the same lack of variability as a function of height above the bed.
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Further, the nitrate and chloride groups correlate strongly in the amber ices and therefore
are difficult to treat separately. Ammonia occurs at very low concentrations and is not
correlated with strain-rates, so I will not consider it further. .

Free parameters in the strain rate model that I wish to optimize are: A, w, m, 4504,
€ v*, A, 1, B, eas and er. In optimizations for which all these parameters are free, 22
degrees of freedom remain. For many optimizations I fix 4€!=0 and #=0, the e parameters,

and the power pertaining only to C, for reasons discussed below. I define a chi-square

performance index in terms of observed and modelled strain rates (¢° and éM)

33 éM — ¢ 2

R @

in which o, is the variance of measured strain rates, and op is the variance in predicted
strain rate due to uncertainties of all input parameters.

Optimal model parameters are those for which x? is minimized. I perform the minimiza-
tion using iterative application of singular value decomposition. This was supplemented
with “shaking” (forced arbitrary changes of parameters, as in simulated annealing proce-
dures (e.g. Press et al., 1992, p. 436) to allow escape from local minima which were found
to exist in some regions of the parameter space.

I used a preliminary solution (which proved to be very close to the final solution) to
calculate op. I estimated, based on reproducibility of measurements, and especially on
ambiguity in the interpolating and partitioning procedures, that a reasonable, somewhat
conservative, error for values of most input parameters is +20 %. I then used a Monte Carlo
procedure to generate 80 separate strain rate predictions, forcing each input parameter to be
perturbed by uniform random variables between £20 %, generated using the Matlab random
number generator. op is the variance of the resulting strain rate predictions (Figure 2.5) at
each grid point (which, of course, are approximately normally distributed).

Average values for o, and op are 2% and 7% of the measured strain rates, respectively.

Confidence intervals for model parameters were defined based on Ax? = x? — xZ;,.s

the decrease of performance relative to that for the optimal model. As described in, for
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GRID POINT NUMBER

Figure 2.5: Measured strain rates (solid line) for all 33 grid points (corresponding to the
measured strain rates) used in the rheology analysis, plus 30 of the re-calculated strain rates
based on randomly perturbed input parameters. Strain rate is shown normalized to mean.
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example, Press et al. (1992, p.688-693), a combination of arbitrarily fixed model parameters
¢ in number (where y is less than or equal to the total number of model parameters) is
statistically acceptable at a given confidence level if the Ax? for this model (after opti-
mizing the non-fixed parameters) does not exceed the value of the x? distribution with u
degrees of freedom that corresponds to this confidence level. In this fashion, I evaluate the
statistical acceptability of variants of the general model that are defined by specified values
for parameters.

A really unacceptable model is one that can be rejected with 99.5 % confidence. To
discuss such horrible models, I therefore define an index of horribility # in terms of a
model’s Ax? and the .995 probability Ax%es as

Ax?

= -1 (2.14)
Axes

Models with # > 0 can be firmly rejected. Idefine a similar index relative to 95% confidence
as

_Ax?
AX.ng

A 1 (2.15)

Models with this acceptability index A <0 are acceptable at this confidence.

2.3 Results

Results clearly indicate that crystal size is an important control on strain rate, and that
ions (not rock particles) are a significant softening agent at the high concentrations present

in the Meserve Glacier ices.

2.3.1 Optimal Models.

The optimal model incorporating 11 free parameters (Table 2.3} has x?=23.0, which is
comparable to the degrees of freedom (22), indicating the model is generally adequate
(Figure 2.6), though not spectacular. Experimentation has shown that a sparser model

(Table 2.3) with five free parameters (w, m, 4504 4t n) is nearly as acceptable (x2=32.7
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Table 2.3: Summary of optimal model parameters, and those for the reduced model.

Optimal Model Parameters

best value 95 % confidence interval

e, 00 [0, 0.6]
s 02 [0, 0.92] Reduced Model
® 00 [0.15, oo] Optimal Parameters
m 064 [0.46, 2.2] @ oo
1.53 [0.48, 3.7] m 060
750020 [1.30,3.17]x 1073 > .019
9, 97x10°  [17,42] x10°8 Yy  .088
;. .0053 [1.11,10.2] x 103 n 0073
n .0019 [-0.2, +8.5]x 103
B 1.87 [-22, +8.3]

for 28 degrees of freedom), indicating that the grain-size and ionic parameters are dominant
in determining the optimal model. Variations of crystal size and, to a lesser extent, chemical

content, dominate strain rate variations at the study site (Table 2.4).

2.8.2 A Mized Grain Size and Ion Model is Necessary.

The only acceptable models are those for which both grain size and ions are important. I
have experimented with all plausible models for which, in addition to stress and fabric, only
rocks are important (m=>0, ¥*=0), only ions are important (m=@=1=0), only rocks and

ions are important (m=0), only grain size is important (v'=B=n=0), or only grain size and
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Figure 2.6: Model and measured strain rates for the D-grid (left) and the U-grid (right).
The model shown here is optimal.
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Table 2.4: Relative significance of ice properties in controlling strain rate variations in the
Meserve Glacier basal layers. These rankings were calculated by removing each variable
from the optimal model and recording the increase of model-measurement mismatch. The
relative magnitudes of these mismatch increases are proportional to the relative contribu-
tions reported here.

Significance Ranking of Strain-Rate Controls
(in Meserve Basal Layers)

RANK VARIABLE RELATIVE CONTRIBUTION

1 Crystal Size 1.00
2 Principal lon(s) 0.54
3 Crystal Fabrics 0.24
4 Particles (lon Storage) 0.23
5 Acidity (?) 0.15

6 Particles (Direct Effect) 0.00



36

rocks are important (y*=0). All such models are soundly rejected. Pure grain-size models
have H in the range 1.9 to 2.2, pure ion models have # in the range 5 to 9, pure rock
models have H in the range 7 to 8, and mixed ion-rock models have H in the range 4.5 to
9. The corresponding Ax? are approximately 50 for the pure grain size models, and 85 to
165 for the others. With reference to Figure 2.5, a model with Ax%? = 50 has each point,

on average, worse than the optimal model by twice the width of the gray zones.

2.8.3 Ions Act Through a Grain Size-Dependent Mechanism.

An alternative to equation (2.2) is the class of additive models

Eq

= —-m [ -A
¥ 14w, D™+ Xi:—yAC, 1+ n4,)™ + 8V, (2.16)

These are found to be unacceptable (Figure 2.7) for all values of the grain-size-importance
parameter w,. This justifies post facto the multiplicative relation between ions and grain
size in equation (2.2). Physically, this means that ions are most likely affecting rheology
through a grain size-dependent deformation mechanism. As discussed above, concentrated
impurities at grain boundaries will enhance liquid layers there, and such layers likely fa-
cilitate grain boundary sliding, and mass transfer along grain boundaries. The latter will
help polycrystalline ice accommodate the incompatible deformations that are a necessary
consequence of the strong single-crystal mechanical anisotropy. Thus the ions are acting to
increase the effective temperature of the polycrystal, with respect to the relative importance
of different deformation mechanisms and accommodation processes as explained by Barnes

et al. (1971).

2.3.4 Grain-Size Dependence

I find that strain-rate depends on the inverse of crystal diameter to a power m in the range
0.5 to 0.75 as a bulk average (meaning in the limit of large w; Figure 2.8). This average
dependence may be interpreted (Figure 2.8) as reflecting either (1) a grain size-dependent

deformation mechanism with a low value for m ~ 0.6 but which is substantially more
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Figure 2.7: Horribility index # for purely additive models.
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A=172

GRAIN-SIZE POWER (m)

10

Figure 2.8: Inferred grain-size power dependence m in D~™ as a function of grain-
importance parameter w. Results are shown for three specific values of solute exponent
A. 90 and 95 % confidence intervals for m at given w are shown. In addition, the 95 %
confidence region for w lies to the right of the shaded areas.

important to bulk rheology than grain size-independent mechanisms such as dislocation
creep, or (2) a grain size-dependent deformation mechanism depending strongly on grain
size (m in the range 1.3 to 2.2) but which is substantially less important to bulk rheology
(at D= 1 mm) than the size-independent mechanisms. Intermediate cases are entirely
admissible.

Unfortunately, with the present data set I cannot counstrain the relative magnitudes of
these components (i.e. the parameter w) other than tosay the D-dependent component must
be at least 10% as large as the other in the limit as ion content tends to zero (Figure 2.9)
and if I demand high confidence. At low confidence, results suggest that the D-dependent
component must be at least 50% as large as the other, in the low-ion limit.

In any case, the grain-size dependence almost certainly results from an explicitly grain-
size dependent deformation mechanism such as grain boundary sliding or diffusional creep.

Goldsby and Kohlstedt (1997) and Duval et al. (1983) suggest that for these mechanisms,
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95%

A=1/2

Figure 2.9: Decrease of model performance relative to optimal model, as a function of w
and A. Clearly models with w > 1 are all equally good. Also, the A = 1/2 models, though
acceptable at 95 % confidence, as indicated by the threshold, are not very good.
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strain rate is inversely proportional to grain size raised to a power m of 1.4, or 2 to 3,
respectively, either of which is consistent with our results.

The alternative interpretation, that grain-size is determined by strain rate, which here is
determined by an unidentified and unmeasured quantity, seems highly unlikely. This would
imply that substantial variations of strain rate are caused by a physical quantity that is
neither grain size nor a major impurity nor a consequence of mechanical anisotropy, and

which is not correlated with either impurities or fabrics.

2.3.5 The Role of Ions.

Many results concerning ions are rather ambiguous. The most important result is that the
sensitivity of strain rate to ion content appears to be rather low at 7= -17 °C, such that
a 2 micromolar concentration of sulphate plus chloride (a quantity typical of the impure
ice-age ices in Greenland) will enhance strain rate by no more than 30%, and plausibly will
have an immeasurably small effect. This conclusion has already been reached by Lipenkov
et al. (1989) based on analyses of Vostok ice, and by Paterson (1991) based on analyses of
borehole tilt at Law Dome (Etheridge, 1989). Irrespective of this magnitude, I find that the
net effect of ionic impurities is to soften the ice, as has been generally believed (Holdsworth

and Bull, 1970; Budd and Jacka, 1989).

Which Ions are the Softening Agents?

Meserve Glacier data suggest that SO, and/or Ca are the most effective softening agents
on a per-molar basis (Figure 2.10). The conclusion that SO4(Ca) is the principal softening
agent results primarily from two features of the strain-rate data (Figure 2.1): the magnitude
of the middle of the three strain rate spikes in the lower part of the D-grid, and the position
of the strain rate maximum in the U-grid. Thus this conclusion, though statistically strong,
is largely a consequence of a small number of data points and therefore should be viewed
with more caution than other results presented here.

To determine which ions are the most likely softening agents, I determine how well the
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Figure 2.10: Decrease of model performance as a function of relative softening efficacy of
six ions, relative to SO4. 90 % confidence region is below the bars, as indicated by the
arrows. When the x-axis value i$ 0.5 in these graphs, the two ions considered have an equal
per-molar softening effect. At the 0 and 1 positions on the x-axis, the indicated ion is much
more effective than the other.
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strain rate variations can be explained given various assumptions about which ions cause
the softening and what their relative v values are. Suppose I require that softening results
from C and two of the principal ions (SO4 and one other, denoted :). Then the ionic sum
in equation (2.2) is v;0*Cp, + 74C? +7§.C4". Further I require 7* to be positive (504
is positive too, but this is a result of the optimization). Then if I fix the relative sensitivity
of the two ions at some ratio v'/v5%4, how good a model can I find? Because the ratio

~vi/4504 varies from 0 to oo, it is easiest to define a new variable, R that ranges from 0 to

1

vy 'Ya/’)’b
R, _,= T/t Py (2.17)

and that has a value 0.5 when the two v are equal.

Results for such experiments show (Figure 2.10) that sulphate and calcium are the most
likely softening agents, and that Na and CI are unlikely to cause a per-molar softening
larger than 1/5 of that due to SO4/Ca. A per-molar softening by K, NOs, or Mg that is
equivalent to that for SOy is possible, the small quantities of these ions in the Meserve ices

preventing a more definitive statement.

Stiffening Agents?

Optimal model results indicate that C! (and hence Na) may actually cause a weak stiffening,
the 95% confidence intervals on v} and v{! being (—1.7 x 1074, +2 x 107°) and (—4.5 x
1073, +5x10~), respectively. A stiffening due to NaClis consistent with the experiments of
Riley et al. (1978) for single crystals, but opposes my view of ions acting in polycrystalline
ice through disordering effects on grain boundaries. It is possible that the rather strong
correlation of Cl with rock content causes the ion storage effect to obscure the true role of
Cl, which is instead lumped with the sulphate/calcium sensitivity (see “SO4 as a Proxy...”

section below).
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Linearity?

The large variation of ion concentrations in the stratified ices of my study site makes it
possible to constrain the non-linearity A to some extent. However, the generally small size
of the ionic terms and the partial correlation with crystal size make the confidence limits on
X broad. At 90 % confidence, A is in the range 0.52 to 3.5 (Figure 2.11). This precludes a
very low sensitivity (A < 0.5) and therefore argues against an important role for a saturation
value of concentration beyond which further addition of impurity has no effect (Nakamura
and Jones, 1970). This is consistent with ions acting through grain boundary effects rather
than through changes of lattice properties. The best-fit A, approximately 1.5, shows very

little variation as a function of the parameter w (Figure 2.11).

How Soft is Soft?

What is the absolute magnitude of the softening effect of ions? At the Meserve study
site the inferred ionic softening corresponds to an average enhancement of approximately
1+ 47%Cs0, = 1 + (0.02)*(20) = 1.4 and 2 maximum in the most impure layers of
approximately 2.

For generalized use, ¥ must be interpreted properly in terms of w and A. First, con-
sider the role of w. Expanding equation (2.2) and writing the ion term simply as ¥C for

convenience
Ew/Ew=14+wD™ +wyCD™ (2.18)
or, to within a constant multiple (for given values of w and D)

Y
Enox1+ T D’"w“lc (2.19)

Thus I define a generalized ionic sensitivity ¥ as

= 7Y
_ _ 2.2

It is this sensitivity that I can infer from the data analysis, rather than v, because I am

unable to significantly constrain w. In the limit w — 00, ¥ = 7. For a given value of A,



44

8 et rrre e rermr e
d‘---‘-np-~-

/7 ¥ 95% T

CL T
[3d --.-.----" ...... -
-

bt
(3
]
~
.

100

Figure 2.11: Acceptable models (at 95 % confidence) are within the white region in w-A
space. The solid line is the optimal A value for given w, and the dashed lines are the 90 and
95 % confidence intervals obtained if one assumes a specific value for w is the “true” value.
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inferred # is nearly constant over the entire range of statistically admissible w (Figure 2.12).
It is undefined at the limit w — 0, but I have already rejected such models firmly.

The magnitude of %) is a very important parameter at lower ion contents, as the en-
hancement due to a 1 micromolar ion concentration is simply 1+ 9. Inferred 4, inevitably
varies strongly with A (Figure 2.13). The factor of seven range in A (Figure 2.11) causes a
four orders of magnitude uncertainty in the value of 4. However, all ¥ are small enough for
A > 1 that the corresponding enhancement is no more than a few percent at 1 micromo-
lar concentrations (Figure 2.13). For the low end of the admissible A range, [0.5,1], the 1
micromolar enhancement could be as high as 30%.

This result is independent of w, which makes ¥ a very convenient parameter. This
is apparent from the following. In general, if the strain rate without any ions present is a
multiple of 14+wD~™, and the ions change the strain rate to a new value (1+KC){1+wD~™),
the unit ion enhancement is 1 + K. The new strain rate value is also 1 4+ wD~™(1 4 vC),
requiring that K = v (1 + D"‘w"l)_1 = 7.

This is an over-estimate for the effect of ions if I am mis-interpreting the role of rocks.
Suppose that there is neither a measurable “ion storage” effect, nor a direct rheologic effect
(due to their less than 2 % volume), so that 7 = 8 = 0 in equation (2.2). Then inferred ¥’s
are reduced by approximately a factor of 0.4 (Figure 2.14).

Considering only the grain size-dependent deformation, what fraction of this deformation
results explicitly from the presence of ions according to my results? This fraction is simply
vC/(14++C) or

_ c
~ C+[¥1+ Drw-1)) !

fi (2.21)

At a 1 micromolar concentration, and a grain size of 1 mm or greater, this fraction is less
than 30 % for admissible values of A and w (Figure 2.12). In the Meserve Glacier ices, with
average Cso, = 20, this fraction could be as high as 70 % (at the lowest value for w), but is
more likely 30 to 50 %. Thus I suggest that the grain size-dependent deformation rate has

been approximately doubled by the presence of ions, on average.
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Figure 2.12: a. The inferred generalized sensitivity to the dominant impurity (here assumed
to be sulphate) as a function of w, for two values of A and at a grain size of D = 1 mm. b.
The inferred fraction of the grain-size dependent deformation which is due to the presence
of ions, shown for the specific case of a 1 micromolar sulphate concentration.
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Figure 2.13: Inferred generalized sensitivity of strain rate to the dominant impurity (here
assumed to be sulphate), and the corresponding strain rate enhancement for the interval A
= [0.4,2]. The shaded regions are unacceptable at 90% confidence. Note the log-log scale
of the upper left panel, and the linear-linear scale of the others.
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Figure 2.14: Forcing n=0, which implies there is no jon storage along ice/rock interfaces,
reduces the inferred sensitivity to dominant impurity by approximately 60 %. Top panel
shows the inferred sensitivities with and without this restriction on 7. Bottom panel shows
their ratio.
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Sulphate as Prozy for Other Ions

Figure 2.13 presents ionic sensitivity results in terms of %504, Suppose that SO, is not the
actual softening agent, but rather is merely acting as a proxy for another ion or combination
of ions (denoted i) with which it is correlated. In this case, an alternate sensitivity can be

used to calculate ionic enhancement. This alternate is, to a good approximation,
+i = .),fO« .g_gij\ (2.22)
(C:)
where the C are average ion concentrations in the Meserve ices (Table 2.4). For example,
suppose that SO4 and Ca are equally effective softening agents. Then the enhancement
one should estimate from a data set of C¢, and Csp, is 1 + ¥(Cce + Cso,) with v =
504 Cs0,/(Cso, + Cca) = 0.437594, for the case of A = 1.
A particular interesting case concerns combinations of SO4 and C!, because these are
the two dominant anions in ice-age ices of the ice sheets. Suppose that SO, and C'! both are
softening agents, with equal molar-specific sensitivities. Then the molar-specific sensitivity

most consistent with my data is (Figure 2.15) approximately half that for SOy alone, or

0.08(0.008) for A = 0.5(1).

The Role of Acidity?

The optimal models all ascribe an important softening effect to C., which I presume to be
acidity. This results primarily from the correlation of C'y with the strain rate increase in
the upper part of the D-grid (Figure 2.1), which is only partially explained by variations of
grain size and principal ions.

I have explored a class of models in which the power-law dependence for C is different
from that for the principal ions (such as sulphate). For example, I have treated the ion
softening term as 7ASO‘C:9\O .t 7:\".0_’(\_' where A\* is an arbitrary positive constant. The
resulting A" is very poorly constrained, and at 95% confidence is in the range (0.02,3.5),
with an optimal value of A* = 0.4. Example sensitivities are 'yf' = 0.0231 and 73?1 = 0.501

for A=1 and A=0.1, respectively.
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Figure 2.15: Inferred generalized sensitivity of strain rate to dominant impurity, for various
definitions of “dominant impurity”. The impurity enhancement due to some impurity (or
combination of impurities) C is in all cases 1 4 vC. These graphs show the appropriate ¥
to use for various C and R. The solid line is the one to use if C is assumed to be only
sulphate. The thick dashed line is the one to use if C' is assumed to be only chloride. The
thin dashed line is the one to use for the sum C' = SO4+ Cl.



If I set v+ = 0, which is statistically unacceptable but motivated by the importance
of this term relative to the paucity of data supporting it, the optimal grain size power m
decreases by 1.4 %, and 75?‘ increases by 15%. Thus, the results presented in this paper

do not significantly depend on my use of a C term.

2.3.6 The Role of Rock Particles.

I find no evidence for a direct influence of rock particles on rheology, as even an extremely
restrictive confidence interval (60 %) for 8 includes 3 = 0. That the optimal value, 3 =
1.87, is positive therefore should not be interpreted as evidence for a direct softening effect
of rock particles, but most likely results as a correction to the relatively large inferred ion-
storage effect, as a result of the near-perfect correlation between A, and V;, and the fairly
strong correlation of these with major ions.

Optimized models all have positive 7, most probably indicating that a significant fraction
of ions are stored on the surfaces of rock particles, probably in liquid films (Dash et al.,
1995; Chapter 3). The optimal value for nis 0.0019 m, but if I set =0 so that the 3V, term
cannot reflect ion storage, then the optimal 7=0.0021 m, with a 95% confidence interval
from -0.0004 to 0.0085. The inferred fraction of ions stored at particle surfaces is

1 1 A,
14+ 04, 1+7A,

(2.23)

which has a mean value in the Meserve ices of 0.065 (and may be as high as 0.17 or negligible,
if 95% confidence stipulated). Suppose all this ion storage occurs in ice-rock interfacial liquid
films of average thickness k, then the fraction of stored ions is also hA.CrC~! where Cy
and C are coneentrations in the film and the bulk, respectively. If Cj is determined by
the NeC! liquidus, and so is an approximately 3 mol/L brine (at -17 °C), then using the
measured average value of C/A, = 2.6 x 10™°m - moles - L~!, h is approximately 55 nm on
average (or in the range 0 to 150 nm according to the 95% confidence interval on 7).

This A has splendid but perhaps fortuitous agreement with the film thickness (20 to 40

nm) inferred in Chapter 3 based on analysis of measured slip at ice-rock interfaces. The
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ices adjacent to these interfaces have a lower total ion content than the average (100 vs.
200 micromoles/L), implying the inferred i would be lower than 55 nm here.

A possible complication is that models for which I require chloride to be a softening agent
(v°! > 0) have substantially higher 7 values, with a mean of .0076 m. This corresponds to a
higher k, approximately 150 nm. Such a large film thickness was not rigorously excluded by

the slip analysis (Chapter 3), as I could only constrain the lower limit firmly in that study.

2.8.7 Fabrics

The Meserve strain rate analysis has revealed nothing about the relative merits of the
uniform-stress vs. uniform-strain rate assumptions. The optimal model uses the uniform-
stress model (e4s = 0.2). However, the 90% confidence interval on e4g is (0,0.92), indicating
no distinction can be made. This failure is not surprising, because the predictions of these

models primarily differ by only a constant multiple.

2.4 Application to Other Sites

Results from the Meserve Glacier strain rate analysis can shed light on strain rate variations
at other locations. In particular, it may be profitable to explore the usefulness of grain-size
dependent rheologies (cf. Peltier, 1998). Confidence in the applicability of my results should
decrease rapidly as stress and temperature conditions diverge from those at my study site
(roughly 0.5 bar and -17 °C), while increasing modestly with the glaciologist’s sense of
desperation. I note that my results are quite limited as a predictive quantitative tool, due

to the limited constraint placed on A and, especially, w. Their utility is largely conceptual.

What to Use

I have generated the hypothesis that strain rate enhancement in ice sheets and glaciers

should vary about its mean, in addition to variations caused by non-uniformity of fabric,



stress, and temperature, according to

Ew  14wD ™ 4+ 5,C* (1 +wD™™)
(Ee) ~ 1+w(D=™) + 72(C* (1 +wD-m))

(2.24)

where the parameters w and A must be chosen from their broad range of acceptable values.
In particular I would recommend the three cases w > .15 if A=1.5, w > .25 if A=1.0, and
w > .9 if A=0.5, which will cover the range of model behaviors. For each pair of values (w,

A), the following parameterizations give appropriate values for m and ¥:

4.3
m(w) = 0.58 (1 + 17 5w) A=15 (2.25)
m(w)—058<1+ 38 ) A=1.0 (2.26)
- 1+ 5w o )
1.56
m(w) = 0.64 (1 + 17 3w) A=05 (2.27)
-S04 _ .
¥yt = exp(—4A) + exp(-62) _ (2.28)

where the latter is to be used if Cso, is used as the measure of ionic content. For the
alternative measures of ionic content Cg,, Cso, + Ccay Cso, + Cei, and Cgy, 7 given by
equation (2.28) should be multiplied by factors of 0.77, 0.89, 0.44, and 0.64.

For ices with negligible ion present, two convenient end-members (representing large
and small w cases) for estimating the change in shear strain rate due purely to a change in
crystal size from D; to D, (D in mm) are

0.6
% - [g_j} (2.29)

E _1+0.2D7'®

=L 2.30
E, 1+02D;'8 (2.30)

The largest grain-size variations in the ice sheets are typically one order of magnitude, e.g.

5 to 0.5 mm at Dye 3, and 25 to 2.5 mm at Summit (Herron et al., 1985; Langway et al.,
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1988; Alley and Woods, 1996; Thorsteinsson et al., 1997; Tison et al., 1994). The possible
enhancement due to grain-size variation alone is thus 4.0 to 1.7 at Dye 3 and 4.0 to 1.04 at
Summit. A factor of 4 enhancement is very large, being larger than the average ice-age ice
enhancement at Dye 3, and half of the total enhancement variation at GISP2 (Clow and
Gundestrup, in prep.). However, even the upper limit for these estimates is substantially

smaller than the potential factor of 10 variation due to fabric (Budd and Jacka, 1989).

The Dye 3 Borehole

The tilt of the Dye 3 deep borehole reveals an average enhancement for ice-age ice of approx-
imately 2.5 there, with a maximum of 4 (Dahl-Jensen and Gundestrup, 1987). Temperature
varies from -17 to -12 ©C at these depths. Recently, Thorsteinsson et al. (in press) have
done a thorough analysis of the contribution of fabric variation to this enhancement, and
found that fabric can account for no more than 70 % of the average enhancement. Their
residual correlates roughly with particle content and ions/crystal size. Dahl-Jensen and
Gundestrup (1987) recognized the strong correlation between Dye 3 enhancement and dust
content, crystal size, and concentrations of several ions, and proposed that any of these
may be dominantly controlling strain rate there. Here I show that the effect of variations in
crystal-size, as proposed here, can explain up to 90% of the residual enhancement identified
by Thorsteinsson et al. (in press) after accounting for crystal fabric effects.

Using crystal size, sulphate, and chloride data from Herron et al. (1985), Langway et al.
(1988) and Herron and Langway (1985) we calculate Eyq for the bottom section of the Dye
3 borehole, for various values of w and A. The strain rate and properties in the Holocene ice
immediately above the climate transition are used to constrain the reference value for Epq.
Thus I am calculating variations in enhancement, not its absolute value. Models with w in
the range 0.9 to 3 are very strongly correlated with the residual enhancement (Figure 2.16
and 2.17). For the A = 0.5 model, the contribution of ions to the residual enhancement is
on average ~7%. For the higher A ones, it is only a fraction of a percent. Thus I suggest

that crystal-size variations are responsible for more than 90% of the residual enhancement
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Figure 2.16: Percentage of variance of the non-fabric residual enhancement inferred from
tilt of the Dye 3 borehole (Thorsteinsson et al., in press) that can be accounted for with
various models which were deemed acceptable in the Meserve strain rate analysis.

at Dye 3. For the ice-age ice as a whole, the 2.5 average enhancement can be explained as
70% crystal fabric, 25 to 30% crystal size, and less than 5 % chemistry. This is actually an
over-estimate for the role of chemicals, because I have not considered the potential softening
effect of acids in the Holocene ice.

I note that, in the Langway et al. (1988) data on crystal size, average diameters are 2 mm

in the 30m immediately above the basal silty ice. Paterson (1994, p. 287) cites a manuscript

by Thorsteinsson stating crystal diameters here should be 3 mm instead. Adopting this value
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Figure 2.17: Dye 3 non-fabric residual enhancement inferred by Thorsteinsson et al. (in
press) as a function of height above the bed (solid line). Dashed lines show my model results
for various values of w. The best model is shown as a dark dashed line.
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for my calculations would improve my results further, eliminating much of the remaining

discrepancy.

The GISP2 Borehole

Tilt of the GISP2 borehole (Clow and Gundestrup; in prep.) reveals a decrease of E from
E=8 at 600 m above the bed to E=1 at 50 m above the bed, and then a step increase to
E=7 in the thin silt-rich basal layer (described by Gow et al., 1997). Both of these changes
are correlated with changes in fabric strength (Gow et al., 1997) and crystal size. Throstur
Thorsteinsson (unpublished calculations, University of Washington, 1999) has converted the
observed p-wave velocity anisotropy (Gow et al., 1997, Fig. 9) to a fabric enhancement,
which shows that the fabric change likely accounts for a factor of F=3, or somewhat less
than half the total enhancement variation.

Crystal diameter varies from 2.5 mm 600 m above the bed to 10 mm or more 50 m above
the bed (Alley and Woods, 1996; Gow et al., 1997, Fig. 6), and back approximately to 2
mm in the basal silty ices (Gow et al., 1997, Fig. 11) According to my rheologic hypotheses,
these grain size variations could account for a factor of E = (10/2.5)%6= 2.3 which is just
sufficient to account for the missing enhancement (using coarser grains than 10 mm would
increase this number). The uncertainty concerning an appropriate w makes this little more
than a suggestion, however. The basal temperature at GISP2 is -9 °C, permitting a larger

role for crystal size variations to be more likely here than at Dye 3 and Meserve.

Agassiz Ice Cap

Analyses of F'isher and Koerner (1986) revealed that enhanced flow of Ice-Age ice at Agassiz
Ice Cap correlated best with dust content, calcium concentration, and crystal size. They
observed enhanced closure rate of their borehole where it intersected ice-age ices, a result
that at first sight precludes a significant role for crystal fabric, which is oriented unfavorably
for this deformation. Paterson (1991) pointed out that this enhancement decreased through

time (from a factor of 2.6 in the first year, to a factor of 1.3 three years later), probably as
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a consequence of recrystallization, and that therefore impurities are not a credible source
for the enhancement. Such a “fabric-only” hypothesis cannot, however, explain the initial
factor of 2.6 enhancement without a suspiciously rapid recrystallization in the ice-age ice.
Here I point out that allowing a significant dependence of enhancement on inverse crystal
size provides an explanation consistent with both the initial enhancement of the closure,
and its decrease through time. The initial crystal size difference could explain the initial
softness of the ice-age ice. Subsequently, the Holocene ice would become finer grained as it

recrystallizes, reducing the contrast with the ice-age ice.

A Note on the Role of Chemical Impurities

If I am correct that crystal size variations are an important (though not dominant) control
on shear enhancement in the ice-age ices, the root cause of such enhancement variations is
then the chemical impurity content of these ices, despite the lack of a direct mechanistic
connection. This is because the chemicals slow grain growth by pinning grain boundaries
(Alley et al., 1986), causing impure ices to be fine grained. Paterson (1991) has argued
that chemical impurities are also the root cause of important fabric variations, because the

impurities cause finer grains, which more readily develop a strong fabric.

Urumgi

There is at present no sound explanation for the surprising and very important discovery by
Echelmeyer and Zhongxiang (1987) that frozen ice-laden till can be two orders of magnitude
softer than adjacent glacial ice. These authors suggest that the softening results from low
friction of particle-particle and ice-particle interactions due to the presence of liquid films.
Such an effect seems necessary because ice comprises only 38 % by weight of this frozen
layer. Here I point out that the very fine crystal sizes (approximately 0.5 mm) observed
in intergranular ice may have an important (though probably not dominant) role in the
overall softening of the till. The temperature (-4 °C) at this field site is much closer to the

pressure-melting temperature than the other sites noted above.

-
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2.5 Conclusion

The deformation properties of polycrystalline glacier ice probably depend directly on crystal
size, at stresses, temperatures and impurity contents typical of polar ice sheets and glaciers.
This suggests an important role for grain-boundary processes as suggested by Barnes et
al. (1971) and supports Goldsby and Kohlstedt’s (1997) view that Glen’s Law reflects
contributions from both grain size-dependent and independent deformation mechanisms.
Grain size variations probably contribute importantly to enhanced shear of ice-age ices
in the northern hemisphere ice caps, and to enhanced shear of silt-rich basal layers. In
the former, variations of crystal fabric are at least as important, and probably dominant,
in agreement with Paterson’s (1991) review. In contrast to Paterson, I attribute residual
enhancement variations within ice-age ices to variations of crystal size, not to those of ionic
content.

Some ions (possibly SO4 or C'a) are important softening agents at high concentrations,
but probably not at concentrations typical of the ice sheets (as recognized by Budd and
Jacka (1989)). When ions do affect rheology, it is most likely through a grain-size dependent
mechanism such as grain boundary sliding. This is consistent with the view that chemical
impurities increase the effective temperature of ice polycrystals with respect to deformation
mechanisms, as envisioned by Barnes et al. (1971) and subsequent investigators like Fisher
(1987). Rock particles are probably irrelevant at concentrations found in ice sheets. Thus I
argue that the rheology of glacier ice is almost entirely controlled by its physical properties,
texture and fabric.

All my results should be viewed as hypotheses. Further studies of in-situ deformation,
preferably supported by direct measurements of stress, will shed light on these rheologic
issues, and will continue to complement laboratory experiments.

Future work may also shed light on the two main unresolved issues concerning interpre-

tation of the Meserve Glacier data. These are

1. the paucity of information concerning the relative importance of grain size-dependent
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vs. grain size-independent mechanisms at a given grain size (as given by my parameter

w)

. the ambiguous role of some major ions (C! or Na in particular). I have inferred that

these act as weak stiffening agents, but this may contradict my interpretation that ions
affect rheology through an influence on grain boundaries. Alternatively, all these ions
have a softening effect, which I was not able to discern for Cl/Na due to correlations

with rock content and interfacial film volume.
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Chapter 3

INTERFACIAL WATER IN POLAR GLACIERS AND
MEASUREMENTS OF GLACIER SLIDING AT -17 °C

The presence of interfacial water films at the surfaces of rock particles embedded in
polar glaciers and ice sheets may have important consequences for research on these ice
bodies !. Interfacial films can complicate the interpretation of ice core paleoclimate records
by, for example, facilitating diffusion of isotopes and chemicals through the polycrystalline
ice, providing a medium for chemical reactions and ion storage, and causing size-dependent
migration of particles due to temperature gradients (Gilpin, 1979). Interfacial films may
also affect bulk mechanical properties and help explain why the impure basal layers of ice
sheets deform so easily (Dahl-Jensen and Gundestrup, 1987; Echelmeyer and Zhongxiang,
1987). The role of interfacial films in these problems remains unexplored 2,

Interfacial films exist due to a reduction of the chemical potential of water very close to
the surface of a foreign solid (Gilpin 1979; Dash et al 1995), which depresses the melting
point as an inverse function of the film thickness. Soluble impurities can depress the melting
point and induce film growth, as can molecular-scale roughening of the surface (Beaglehole
and Wilson, 1994). There is firm and abundant laboratory experimental evidence for the
presence of interfacial films between ice and foreign solids (Dash et al., 1995).

Here I report and interpret observations of two macroscopic manifestations of interfacial
water in the basal layers of an active polar glacier, at a temperature of approximately -17 °C.

My first observation is of glacier sliding over basal boulders, apparently facilitated by a high

1A closely related problem concerns the presence of liquid films at grain boundaries in polycrystalline
ice. Attention was focussed on grain boundary liquid films by Barnes et al. (1971) and Paren and Walker
(1971). The behavior and importance of such films remains largely unexplored.

2Echelmeyer and Zhongxiang did note the possible importance of these films
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solute concentration in the interfacial water and/or by roughness-induced surface disorder.
In addition to allowing us to estimate the interfacial film thickness, this measurement is
interesting because until recently glacier sliding was thought not to occur under cold-based
glaciers.. There are only two reported measurements of such sliding, at considerably higher
temperatures of -4 °C and -1 °C (Echelmeyer and Zhongxiang, 1987 and Hallet et al, 1986,
respectively). The second observation is of ice segregated into clean lenses amidst rock-
rich layers, which I infer to result from natural filtration of rock particles by mass transfer
through a very thin film at the surfaces of englacial boulders. I hope that these observations
will encourage glaciologists and paleoclimatologists to consider the role of interfacial films

in current analyses of ice cores and glacier deformation.

3.1 Subfreezing Sliding: Theory

Water films at an ice-rock interface enable sliding by allowing the ice to negotiate very
small roughness elements on the bed by regelation. Shreve (1984) has shown that the rate-
controlling process in subfreezing sliding is the viscous flow of water in this film; the sliding
rate is therefore sensitive to film thickness, h, the flux of water scaling with A3,

Gilpin’s (1979) interfacial film theory, which he calibrated using measurements of motion
of wires and particles through ice, implies a melting point depression of bA™%, where b
and o are empirical constants. Shreve (1984) blended Gilpin’s results with the theory
of glacier sliding over a bed whose topography has an arbitrary roughness (Nye, 1969).
Shreve also suggested that to incorporate the effects of dissolved solutes one can assume
the contributions of interfacial forces and dissolved solutes to the chemical potential are
additive. Thus, the melting point depression, 8, relative to the bulk pressure-melting point

for clean ice is
6 =~ bh™% + M(C) (3.1)

in which the function M defines the liquidus in terms of solute concentration C. Note that

C may be written in terms of solute per area of interface C* as C*h~!. Though physical
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models of interfacial films show that effective values for b and a will change with solute
concentration, the additive form of (3.1) is a good approximation at high solute contents
(Wettlaufer, 1998) and is supported by direct measurements of film thickness at a salty
interface (Beaglehole and Wilson, 1994) and of unfrozen water content of salty frozen soils
(Tice et al., 1984). Shreve’s expression for the sliding rate uy as a function of shear stress

Ty, ice viscosity ;, and the spectral power density of bed topography S, is

Uy =TT} [m/ooo Q(k)Sb(k)dk] - (3.2)

where the function €, which is integrated over all wave numbers &, is most strongly con-
trolled by the thickness of the interfacial water layer (Shreve’s equation 12a). The derivation
of (3.2) is entirely independent of values for Gilpin’s parameters b and ¢, and the inferred
up is negligibly sensitive to them if one calculates the integral in terms of a specified h.
Replacing Gilpin’s inferred spatially varying pressure in the film with a correct physical
statement for the pressure difference between ice and film (Wettlaufer and Worster, 1995)
has no mathematical consequence for Shreve’s calculation. Thus I consider equation (3.2)
useful for quantitative estimates insofar as its assumptions are met. Two assumptions which
are violated at my study site (small bedrock roughness and linear rheology) strengthen the
conclusions below because they cause equation (3.2) to over-predict sliding rate for a given

h (cf. Gudmundsson, 1997).

3.2 Sliding Observation

In the austral summer of 1995-96 my colleagues and I excavated a tunnel along the bed of the
Meserve Glacier to expose impure basal layers for study, following Holdsworth (1974). Here
I observed cavities in the lee of boulders on the bed, as reported by Holdsworth. The cavity
roofs are striated, with a wavelength correlated to the grain roughness of the crystalline
plutonic rocks at the up-flow margins of the cavities. This suggested sliding occurs at
the ice-rock interface up-flow of the cavities and motivated us to install (by freeze-on)

displacement markers on the ice at the interface whose positions could be measured relative
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to fixed bolts on the rock, using a micrometer, and to insert a displacement transducer 1 mm
above the bed, and another at 30 mm. These were all just upstream of a prominent cavity,
at a distance of approximately 16 meters from the ice margin, which is a 20-meter high cliff.
I also inserted a displacement transducer 1 mm above the bed at a location on the opposite
side of the tunnel, not upstream of a cavity. All these markers moved downglacier over
the periods of measurement (up to ten months) at a rate more than an order of magnitude
faster than that due to shear strain (which has a maximum observed value of 0.2a~! here),
and therefore were measuring sliding ® (Figure 3.1). Enhanced shear at the interface due
to a more favourable orientation of ice crystals there (a possibility raised by Barnes et
al., 1971) cannot explain my data because the fabric throughout the ice where strain rate
measurements were made is already a tight, vertical single maximum and therefore already
as soft as possible.

1

The markers showed a sliding rate of about 8 mm-a™" near the lip of the prominent

! some 20 cm up-flow. The decrease away from the cavity is

cavity, decreasing to 2 mm-a~
probably due to a concentration of down-flow shear stress at the cavity lip. Finite element
model calculations of this stress concentration indicate the shear stress declines to the far-
field value within approximately 15 cm for a cavity of this size. Thus the 2 mm-a~! value is
an appropriate value for sliding rate driven by the average basal shear stress unperturbed

1

by nearby cavities. This is quite similar to the 3 mm-a~! measured on the opposite side of

the tunnel. All sliding rates here refer to the component of slip parallel to the tunnel.

3.3 Interpretation of Sliding

The measured sliding rate is considerably higher than one would estimate from Gilpin’s
results (0.2 mm-a~! according to Shreve (1984)) and deserves explanation. The principal
unknown quantity is the mean thickness of the interfacial film, and I now use equation (3.2)
to estimate it. To accomplish this, I first measured the detailed topography of the rock

surface adjacent to the sliding cavity, and from this calculated the spectral power density

3Shear strain can account for 0.2 x 1 = 0.2mm - yr~'.
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Figure 3.1: Left Panel. Example of continuous time displacement measurement spanning
four months of 1996, using an armature LVDT, anchored in the basal boulder and inserted
1 mm above ice/rock interface. The curvature is probably due to displacement of the ice
into the tunnel and toward the transducer. LVDT measurements showed noise of magnitude
0.015 mm about the mean. Right Panel. The net slip during 1996 at four locations on the
ice rock interface, as a function of distance upglacier from the cavity edge.
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Sp. The resulting Sy (Figure 3.2) approximates a power-law over seven orders of magnitude,
and is on average Sy(k) = 0.05k~3. This is rougher than the example bed used by Shreve,

and so the observed rapid sliding is not a consequence of an unusually smooth interface.

The actual measurement of rock topography was done (mostly on two separate samples
of the surface) using four methods at different spatial scales: tape and compass survey (k <
102 m=!), contour tool profiling (for 102 < k < 10%), optical interferometry (Zygometrics
NewView 200; 103 < k < 3 x 10%), and contact-mode Atomic Force Microscopy (108 < k <
5 x 107). Wavenumbers 102 < k < 10° proved to be the only significant ones in the integral
(3.2).

For the 7; it is not appropriate to use standard tabulated values as the basal ices of the
Meserve Glacier are unusually soft (Holdsworth, 1974), and because the tunnel affects the
stress state. Instead [ use 7; = 7,/nép, in which ¢, is my in-situ measurement of shear strain
rate for ice of this impurity content (0.1a~1), and n=3 is the non-linearity of ice creep. The
down-flow (tunnel-parallel) shear stress is a multiple E of the weight-slope product. E is an
enhancement term accounting for the presence of the ice cliff, and is 1.4 to 2 according to
two-dimensional finite element calculations we have made for non-linear creep of a sloping
ice body with a terminal cliff. I use the low estimate £ = 1.4 because this gives a lower
limit for 7; and hence h. I find 7; = 4 x 102 Pa s 4. This substitution for #; eliminates 7,

from the numerator in (3.2), but #; remains an important parameter in Q.

For these values, and the measured spectral power density, (3.2) indicates that a liquid

film of thickness approximately 20 to 40 nm is necessary for sliding to occur at the measured

4Here the local surface slope and thickness are approximately 0.15 and 25 m, respectively, so [ estimate

the basal shear stress is at least 1.4 x 0.15 x 25 x 9.8 x 917 = 4.7 x 10* Pa, in which 9.8 and 917 are
gravitational acceleration and ice density, in m-k-s units. The finite element calculations are an adaptation
of the Raymond (1983) finite element code, in which a stress-free lateral boundary has been introduced to
one end of a flow-line. The grid was focussed toward the base and toward the marginal cliff. The results
E=1.4 (at a distance of one cliff height in from the margin) was found for a model of a parallel-sided slab
of a power-law fluid (n=3) with a soft basal layer (viscosity reduced to 0.25 its normal value, in a layer
that is one-tenth of the total ice thickness). Other models, such as those for linear-viscous bodies and
those lacking a soft basal layer produced higher values for E. Thus my stress estimate is likely a minimum
value. This implies [ may be underestimating the ice viscosity and hence, ultimately, underpredicting the
liquid film thickness, as stated in the text
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Figure 3.2: Measured spectral power density of rock surface. For consistency with Nye
(1969), wavenumbers k are defined unconventially as the inverse of wavelength, without a

coefficient of 27.
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rate. Uncertainties on the measured physical quantities and the physics of the problem
conspire to make this result tightly constrained in the lower limit, but not the upper 5. All
plausible thicknesses are sufficiently large to make the interfacial term in (3.1) very small (20
nm is one order of magnitude larger than the film thickness predicted from Gilpin, 1979).
Consequently the interfacial film likely has a very high solute content (a situation analogous
to that produced in experiments of Beaglehole and Wilson, 1994). If this is the primary
reason for the thick film, its solute concentration must be C ~ /M, which is approximately
3 moles/L based on the NaCl liquidus (Wettlaufer et al., 1997; 70% of soluble impurities
here are NaCl). The relatively rapid sliding of this polar glacier in this view is made possible
by a brine layer at the ice-rock interface.

Though high, a 3 molar solute concentration is plausible; the total salt per area of bed

2. is equivalent to the salt per unit area in

in the layer, approximately 9 x 10~% moles m~
a 10~3m thickness of ice, which is approximately 1/3 the diameter of ice crystals here (the
bulk solute concentration of ice just above the sliding interface is 10~% molar, as measured
by the U. New Hampshire glaciochemistry lab (Buck et al., 1992)).

The impurity concentration in grain boundaries and veins in polycrystalline ice is several
orders of magnitude higher than that of the crystal lattice (Alley et al, 1986). Further, as
ice freezes from water, as during regelation cycles, it rejects solutes at a very high efficiency
(Gross et al., 1975). Interfacial films will generally intersect grain boundaries, allowing
solutes to exchange. Because of this, and the refreezing accompanying regelation, the solute
concentration of interfacial films will generally be orders of magnitude higher than the bulk
concentration of adjacent ice, and this makes for generally thicker films, especially in ices
with a temperature not far from the bulk phase boundary.

Thus solutes are also a likely explanation for the high sliding rate measured by Echelmeyer
and Zhongxiang (1987). Without solutes they could only account for 10% of their measured
0.18 m-a~! slip rate, despite the relatively low roughness of this interface (0.004 £™3). At

5In addition to the uncertainty on the stress estimate (see footnote [4]), the upper limit is not well
constrained because the derivative of slip velocity with respect to film thickness rapidly decreases in
magnitude as film thickness increases, according to the Shreve (1984) formulation.
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-4 °C, solutes will dominate film thickness at concentrations of ~ 0.5 mol/L (for NaCl),
which is 10* times greater than typical solute concentrations of glaciers in the Tien Shan
(Wake et al, 1989). A 10* concentration difference between grain boundaries and bulk ice
is expected (Gross et al., 1975; Alley et al., 1986). The Hallet et al (1986) measurements
also show unexpectedly rapid slip, but I do not interpret these because the slip rate was not

steady, and the temperature was close to the bulk melting temperature.

3.4 Ice Segregation

Water films also can explain structures observed within the glacial ice. The dirtiest basal
layers of the Meserve Glacier contain ~ 1% by volume of finely dispersed silt-sized rock
particles, which give these layers a pronounced yellow-brown color (Holdsworth, 1974).
Within these layers are sparsely distributed larger rock clasts. The shear of ice around
these clasts induces two pressure shadows on opposite sides of the rock surface, and it is
common to observe small cavities separating the clast and ice in these positions (Holdsworth,
1974).

If an interfacial film is present, the pressure gradient along the rock surface will drive a
net flow toward the cavities. A small rate of net melt must occur adjacent to the interface
to maintain film thickness. At the cavity, the water will accumulate as ice, either by direct
refreezing or by evaporation into the cavity and subsequent deposition. The small thickness
of the water film will prevent transport of all but the finest particles so the accumulating
ice will be free 'of them; the rock surface and its interfacial film act as a natural 'ﬁltering
system.

I have observed (Figures 3.3 and 3.4) pronounced clear ice zones, which stand in contrast
to the adjacent amber-colored ice, adjacent to the low-pressure regions of clasts, and tailing
off as thin zones far up- and down-flow (similar to S-shaped strain figures seen in metamor-
phic rocks). It is likely that these clear ice zones are accumulations of the sort envisioned

here 8; segregation of clean ice is difficult to envision in situ by any other mechanism. This

8Gow et al. (1997) report similar features from the silt-rich basal ice near the base of the Greenland ice
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process may have an important role in the formation of foliation in creeping dirty glacier

ice and other heterogeneous media.

3.5 Conclusion

Observations of glacier sliding and ice segregation beneath the Meserve Glacier are best
explained as manifestations of unfrozen water in films at ice-rock interfaces, despite the low
temperature of -17 °C. Estimated film thickness is at least 20-40 nm. Here these water-
dependent phenomena are strengthened and made easily discernible by the unusually high
solute content of this ice, but interfacial films and resultant phenomena should be present in
most polar ice masses. The role of interfacial films in possibly modifying ice core records and
ice deformation properties should be carefully considered by researchers of these subjects.
Films in most natural glacier ices are likely thicker than implied by Gilpin (1979) due to

concentrated impurities. 7

sheet, as sampled in the Greenland Ice Sheet Project-2 ice core.

"Much of this chapter was published as Cuffey et al. (1999).
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Figure 3.3: Sketches of three rocks and adjacent ice, observed in basal layers of the Meserve
Glacier. A and B. Rocks with clear ice zones in pressure-shadow positions. C. A rock with
cavities in pressure shadows but no clear ices, as observed by Holdsworth (1974, his Figure

17, page 34).
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Figure 3.4: Photograph of the rock and ices in panel B of Figure 3.3.The scale is a tape
measure with English units, the numbers 3 and 4 indicating inches.
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Chapter 4

ENTRAINMENT BENEATH COLD GLACIERS

Dirty basal ice layers are present at many locations beneath polar glaciers and ice sheets
whose basal temperatures are lower than that for bulk pressure-melting (Koerner, 1989;
Gow et al., 1997). These layers are important because they usually deform more rapidly
than clean ice and can contribute importantly to the flow of the ice mass (Echelmeyer and
Zhongxiang, 1987; Dahl-Jensen and Gundestrup, 1987) and, in addition, because they may
limit the time-span of useful paleoclimate information inferred from ice core analyses. In
some cas.es, these layers clearly are relicts of past climatic conditions and ice sheet config-
urations that are drastically different from the modern ones, as under central Greenland
(Souchez, 1997; Souchez et al, 1995). In general, however, dirty basal layers will be present
irrespective of such historical circumstance only if entrainment of debris into basal ice occurs
actively at subfreezing temperatures. Here I present a case study that provides the best
example to date (as far as I know) of entrainment occurring at subfreezing temperatures.

This result was anticipated over two decades ago by Holdsworth (1974).

Motivated by my recent high resolution continuous measurements of slow sliding at
the Meserve Glacier base (Chapter 3), I also renew the challenge against two common
assumptions that geomorphologists make concerning cold-based ice masses. The first is that
cold-based glaciers do not slide or abrade their beds (e.g. Summerfield, 1991, p. 271), and
hence that striated rock surfaces are evidence for past warm-bed conditions (Summerfield,
1991). The second is that cold-based glaciers do not accomplish significant geomorphic
work, and hence that landforms of glacial erosion beneath subtemperate ice masses are
relicts of past warm-bed conditions (e.g. Richardson and Holmlund, 1996). Note that I

do not challenge the basic contention that cold-based ice masses are weak erosive agents
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relative to temperate ones.

Central to a proper physical picture of processes in subfreezing ice is the recognition that
thin layers of water, called interfacial films, exist at the interfaces between ice and immersed
foreign solids, such as rocks, at temperatures well below (tens of degrees Centigrade) the
bulk pressure-melting point. These films allow slip, and therefore abrasion, to occur at
the ice-rock interface despite bulk subfreezing temperatures. As discussed below, they will
also facilitate entrainment of rock debris from the glacier bed by cold ice, by permitting

mechanisms additional to those cited by Sugden and John (1976, p. 163).

4.1 Entrainment at Subfreezing Temperatures

Mechanisms for entrainment of coarse rocks at subfreezing glacier soles have been envisioned
for quite some time (Sugden and John, 1976), but direct evidence of subfreezing entrainment
is lacking. Observations of rock debris entrained in the terminal ice of polar glaciers (e.g.
Mercer, 1971) do not provide the necessary evidence because the mechanism for entrainment
in these cases is ambiguous. Entrainment could occur by melt and re-freeze at the margins
of these glaciers prior to advance, by active shearing of over-ridden stony permafrost, from
supraglacial sources, or by normal melt-freeze entrainment processes in temperate ice (Alley
et al., 1997) either far up-flow or at some time in the past when the ice was thicker or the
climate warmer.

Analyses of the composition of dirty basal layers beneath 'polar glaciers have mostly
concluded that entrainment occurred under warm-bed conditions via bulk melting and re-
freezing, whether current (Sugden et al., 1987; Zdanowicz et al., 1996; Souchez et al., 1988),
or past (Souchez, 1997; Koerner, 1989). An exception is the work of Tison et al (1993),
who suggest that debris travels from the bed upward along shear bands at subfreezing tem-
peratures. Though this interpretation may be correct, the gas composition of the dirty ices
studied by Tison et al. and the scatter of their isotopic data indicate significant alteration
by water, and therefore one cannot exclude bulk melt and re-freeze as the entrainment

mechanism (this could have happened at the glacier margin when it was retracted relative



to its present position).

4.1.1 Meserve Glacier Basal Layers

In the austral summer of 1995-96, my colleagues and I excavated a 20m-long tunnel through
basal ice of the Meserve Glacier, an alpine glacier in Wright Valley, Antarctica. Earlier stud-
ies here (Holdsworth and Bull, 1970) revealed dirty basal layers despite the low temperature
of -17 °C, and I wished to study these using gas and isotopic composition techniques not
available to Holdsworth and colleagues. The dirty basal layers contain dispersed fine rock
particles (up to 2.5 % silt and fine sand) and larger boulders, and have a yellow-brown
“amber” hue (Munson designation: 2.5Y 4/4 to 7/4).

The margin of the Meserve glacier’s ablation zone is a 20m high vertical cliff (see
Holdsworth, 1974), from which ice blocks fall to accumulate in an apron of marginal debris
at the cliff foot. This apron also contains wind-blown snow and re-frozen meltwater. On the
warmest days of summer, the glacier surface and this marginal apron melt. Recent advance
of the glacier and over-riding of this marginal debris has generated a three-layer stratigraphy
of basal ice layers (Holdsworth and Bull, 1970) within 20m of the margin. Clean bubbly
glacier ice overlies stratified amber layers, which over-lie cleaner ice (but still containing
rocky layers) which is former marginal apron (Figure 4.1). The boundaries between these
units are blurred by physical mixing, manifested as interfingering and recumbent folding of

distinctive layers.

4.1.2  Gas Composition

As snow densifies to form glacier ice on polar glaciers, air is trapped in bubbles that are
approximately 8% of the total volume. The molar fraction gas content is thereafter fixed
in a glacier such as the Meserve, with ratios between various gas species very similar to
those of the atmosphere. If melt occurs subsequently, and the water equilibrates with either
the open atmosphere (if the melt occurs in the marginal apron, for instances) or bubbles

having atmospheric composition, the differing solubilities of the gas species results in a gas
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Figure 4.1: Vertical cross-section through the margin of the Meserve Glacier, showing the
stratigraphy discussed by Holdsworth (1974) and re-exposed by us. Ice flow is shown
schematically by velocity vectors on the right. The stratigraphy has three facies 1. rel-
atively clean, bubbly, ordinary glacier ice, 2. bubbly amber ice with dispersed fine rock
particles, and 3. strained mixture of glacier ice blocks, snow, and refrozen meltwater, with
stringers of particles, inferred to be marginal apron material over-ridden by glacier advance.
At my tunnel site, the glacier rests on bouldery till. Facies 3 tapers out at approximately
20m from the margin (Holdsworth and Bull, 1970). Physical mixing occurs by deformation
at the facies boundaries.
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composition of the liquid rather different from that of the atmosphere. After re-freezing, gas
bubbles in the refrozen melt will have ratios different from atmospheric. In particular, the
Ar/Nj ratio will be higher than atmospheric due to the ~2 times greater water solubility of
Argon than Nitrogen. Further, the total gas content will be substantially reduced relative
to that for normal bubbly glacier ice.

Beneath the Meserve, I expect the facies 3 gas composition to have a lower total gas
content and increased Ar/N; than atmospheric, and it does (Figure 4.2). The amber layer
composition, however, is essentially identical to that of the overlying bubbly glacier ice,
except near the facies 2-3 boundary where physical mixing has combined the two. This is
strong evidence that the amber layers were entrained without bulk melt and refreeze, the
volume of interfacial films and grain boundary veins being too small to significantly alter

the gas compositions (approximately 0.001 % in the most impure ices; Chapter 2).

4.1.8 Stable Isotope Composition

The stable isotopic composition of the basal ices supports this view. Simultaneous measure-
ments of 8D and 680 for ice samples from facies 1 and 2 mostly show (Figure 4.3) a strong
linear relationship with a slope of eight, which is characteristic of precipitation (the meteoric
water line of Craig, 1961). If there is bulk melt and partial re-freezing beneath a glacier,
the isotopic composition of basal layers would deviate from the meteoric line (Jouzel and
Souchez, 1982) because the preferential inclusion of heavy-isotope bearing water molecules
in the solid phase is characterized by different fractionation coefficients than those for the
vapor/solid-water phase transitions relevant to precipitation. Deviations of basal ice com-
position from that of meteoric water have been observed at several polar glaciers (Sugden
et al., 1987; Souchez et al., 1988; Zdanowicz et al., 1996; Iverson and Souchez, 1996) and
interpreted (reasonably) as evidence of temperate conditions beneath these glaciers. Here,
the concordance of most of the dirty basal layer samples with the line defined by adjacent
bubbly glacier ice suggests no bulk melt and refreeze has occurred. There are, however,

two samples from the dirty ice, and one from the clean ice, that lie significantly off the
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Figure 4.2: Gas composition measured on samples from two locations A and B in the sub-
glacial tunnel. A. measurements of J. Severinghaus, B. measurements of R. Lorrain. Total
gas content is normalized to that of the top clean ice samples in Al and Bl. Argon enrich-
ment is defined as §Ar/N; for a sample (relative to atmospheric) normalized to |§Ar/Na|
for the top two samples in A2 (which look like one point on the figure). The § Ar/N; value is
negative in normal glacier ice because of gravitational separation in the firn column during
initial densification. CO; enrichment is gas fraction of CO5 normalized to that for the top
sample in B2. This has a rather high CO; fraction (366ppmv) relative to the Holocene
pre-industrial level, which suggests these data are rather noisy.
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Figure 4.3: Co-isotopic analyses for amber ices and overlying glacial ice. The dashed line
has a slope of eight.

line. Both of the anomalous dirty ices were adjacent to (within 2 centimeters of) clean ice
interlayers. My ad hoc explanation for these is that the clear layers are refrozen meltwater
from facies 3, and that my sampling method (extracting small cores 5 cm in length and
1 cm in diameter) lead to contamination. The relatively heavy values for these samples
support this explanation. One of the samples is just above the facies 2-3 boundary, whereas
the other is 30 cm above it. When sampling, I noticed nothing anomalous about the one
sample from facies 1 with the odd composition, which was taken from 0.5m above the dirty

ices.
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The isotopic ratios are low (6D = —270 per mille) compared to that for modern precip-
itation in this region (6D = —225 per mille) indicating this ice accumulated during the last
glacial period. The heart of the accumulation zone is 6 km from the sampling site. If this
ice accumulated 15 kyr before present, near the end of the last glacial period, its average
travel velocity was ~ 0.4 m - yr~1, and this estimate would be lower if a greater age were
assumed. This low velocity (compared to the surface ice velocity of 5 m - yr~!), plus the
compressive flow regime of the ablation zone, suggests the ice has passed in close proximity

to the bed for a significant fraction of its journey to the margin.

4.1.4 Entrainment Summary

As the stable isotopic composition and, especially, the gas content of the Meserve glacier
basal amber ices strongly suggest that entrainment of bed material occurs here without
significant alteration of the bubbly glacier ice, we can rule out several mechanisms for genesis
of these layers, including over-riding of dirty marginal apron, basal freezing of groundwater
(Wilson, 1979), and shear activation of permafrost. Though permafrost may have an isotopic
composition identical to that of precipitation, it will likely have a low total gas content and

high § Ar/N; compared to bubbly glacier ice.

More generally, it appears unlikely that entrainment occurred while the bed was at the
bulk pressure-melting point. Partial loss of melt water would likely have occurred, driven
by the steep surface slope of this glacier, altering the isotopic composition (Jouzel and
Souchez, 1982) and gas composition (Tison et al., 1993), and water volumes may have been
sufficient to affect isotopic composition during regelation (Iverson and Souchez, 1996). Thus
entrainment probably occurred here at subfreezing temperatures. Moreover, entrainment
quite likely is occurring under modern conditions; many other glaciers in the Dry Valleys
region bear “amber” layers of this sort indicating the process is widespread and currently

active (Holdsworth, 1974).
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4.2 Geomorphic Work of the Subfreezing Meserve Glacier

Accepting that the modern debris flux to the margins of Meserve Glacier is the result of
entrainment at subfreezing temperatures, has subfreezing erosion been a geomorphologically
significant process here? The Dry Valleys environment has been cold and dry for at least
the past 10 million years (Denton et al., 1993). Assuming that the modern debris flux is
representative of long-term rates, I can estimate how much erosion has occurred in this time
by this process. Two estimates follow. The first is based strictly on direct measurements
near my tunnel site. The second is based more on inference but accounts for flux through
the high-velocity central core of the ice tongue (Holdsworth, 1969, Figure 10) where I do
not have direct measurements.

Fine rock particles account for 0.3% of the basal 2 meters of the glacier by volume
(Chapter 2), and coarser particles (greater than 1 mm diameter) contribute approximately
an equal amount (Holdsworth 1974, p. 43) so the thickness of rock A, in a vertical section
of the glacier margin is approximately 1.2 cm. This is an underestimate because it neglects
the occasional large boulders. Such layers are observed along the entire cliffed margin of
the ablation zone (the lower ice tongue), which has perimeter length F,. At my study site,

! according to direct measurements

the average velocity of these layers is U, =0.3 m - yr~
(the average strain rate is 0.3 yr~! and sliding is negligible). The total debris flux exuded
by the Meserve Glacier tongue is thus approximately AU, P, ~ 10m3 . yr~2.

The more general estimate can be obtained from mass balance considerations. The gross
flux of ice to the ablation zone is simply the product of accumulation area Ay = 9.5 X 10%m?
and average accumulation rate (b=~ 0.05m - yr~! according to Carnein, 1967). This product
equals the sum of mass loss by ablation processes occurring at rate & over the ablation
surface area A, = 2 x 10°m? and mass loss at the marginal cliff, which is estimated in terms
of average ice velocity U; (measured to be approximately 1.2 m - yr~! at my study site),
perimeter length, and cliff height (H = 20m) as U;P,H.The ratios f, = U./U;, fr = Av/H,
fs = a/b and f4 = A,/A; are plausibly considered to be constant. The total debris flux
exuded by the Meserve Glacier tongue is thus approximately f, f,bAb(l— fofa). The average
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surface ablation rate @ over the lower portion of the accumulation zone is approximately
0.13 m - yr~}, according to flux estimates based on Holdsworth’s (1969, Figure 10) velocity
and thickness maps, and an assumption of approximate steady state. Thus the ratios are
fu =0.25, f, = .0006, f, = 2.6 and f4 = 0.226 and the debris flux is ~ 30m® - yr~1.

The erosion rates corresponding to these two rock flux estimates are, as an average over
the glacier bed, 9 x 10=7 to 3 x 107%m - yr~!, very low compared to those for temperate
glaciers. Over 10 million years, the net erosion totals 10 to 30 meters if averaged over the
glacier bed.

Radio-echo sounding measurements show that the upper tongue of the Meserve Glacier
sits in a U-shaped trough, a classic landform of glacial erosion (Figure 4.4), with a depth of
approximately 60m. The lower portion of the Meserve’s ablation zone is known to rest on a
planar bed, so the glacier has probably not eroded significantly here. Thus the bed-averaged
erosion of 10 to 30 meters is an underestimate for the U-shaped trough, and the modern
subfreezing entrainment rates are sufficient to account for much of this landform. It is not
necessary to interpret this landform as a relict of past temperate conditions, though the
possibility is certainly not excluded.

Dry Valleys glaciers provide a rather extreme example. The elapsed time of cold-based
conditions has been very long compared to most locations. But also the temperatures here
are very low. A -17 °C basal temperature is much lower than the basal temperatures of
most thicker polar ice masses. As erosion rates probably increase with basal temperature,
it is difficult to generalize from this one example, other than to conclude that erosion at

subfreezing temperatures may be a geomorphically significant process at other locations.

4.3 Mechanisms, Sliding, Interfacial Films

Entrainment of rock fragments at the bed of a cold glacier could occur simply by creep of
ice engulfing rocks that are separated from bedrock by subglacial fracture (as suggested by
Sugden and John, 1976) or which lay on the land surface prior to glacier coverage. However,

the great viscosity of ice makes this mechanism a difficult one for fine-grained particles, such
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Figure 4.4: Radio-echo sounding image of the glacier bed along an East-West transect across
the upper part of the ablation zone (the lower ice tongue) corrected for surface elevation.
The migrated glacier bed is shown as a thick white line. Records collected at 10m spacing.
Data were analyzed, and this figure made, by A. Gades, University of Washington.
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as the silt and sand sizes of Holdsworth’s amber ices. An additional mechanism that helps
resolve this difficulty is local melt and refreeze accompanied by slip at ice-rock interfaces,

which are made possible by the presence of interfacial water.

Traditionally, it has been almost universally accepted that sliding does not occur at
ice-rock interfaces at temperatures lower than the bulk pressure-melting point (e.g. Sugden
and John, 1976; Denton et al., 1993; Gow et al., 1997). The alternate view, that cold-
based glaciers slide and ice negotiates small rock protrusions or particles by regelation was
argued on theoretical grounds by Shreve (1984) as an application of Gilpin’s (1979) empirical
theory for interfacial films (thin layers of water at the interfaces between ice and immersed
foreign so’lids such as rocks). There is now abundant laboratory evidence for the existence of
interfacial films, including direct measurements of film thickness, to temperatures as low as
-30 °C (Dash et al., 1995; Beaglehole and Wilson, 1994; Wettlaufer et al., 1996), and their
existence in natural glacier ices should be assumed until contrary evidence is found. Their
glaciological manifestation as slip at the ice-rock interface has been observed at temperatures
of -1 °C (Hallet et al., 1986), -4 °C (Echelmeyer and Zhongxiang, 1987) and, during my
investigations at Meserve Glacier, at the very low temperature -17 °C beneath the Meserve

Glacier (Chapter 3; Cuffey et al., 1999).

Entrainment by regelation of ice past fine particles (due either to pressure gradients
(Iverson and Semmens, 1995) or temperature gradients (Gilpin, 1979)) therefore should
occur beneath cold glaciers. Interfacial slip will ease engulfment of larger particles. Such
mechanisms may coexist with more traditional ones, and contribute to the overall entrain-

ment flux.

Slip rates and the efficacy of associated entrainment mechanisms increase strongly as
interfacial film thickness increases, which in turn is a strongly increasing function of both
temperature and film solute concentration. In cold glaciers, interfacial layers probably have
high solute concentrations even in relatively clean ice because of solute rejection during rege-
lation and the strong segregation of impurities to grain boundaries (Chapter 3). However,

the temperature should generally be the dominant control on film thickness. Geomorphic
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activity at a very cold beci like that of the Meserve Glacier will generally only be important
if the ice is very impure, as in the Dry Valleys glaciers. Polar glaciers whose beds are only
a few degrees lower than the pressure melting point however might generally be important
geomorphic agents, and basal contributions to total ice motion are likely important beneath
such glaciers (Echelmeyer and Zhongxiang, 1987).

In all cases, erosion rates will, of course, depend strongly on the nature of bed mate-
rial (unconsolidated till vs. hard bedrock). The U-trough under the Meserve Glacier is
carved through crystalline bedrock. One possibility here is that this bedrock is subject to
frost shattering when the glacier has retreated into its upper basin, and that the glacier

subsequently entrains this loose material on re-advance and transports it down-slope.

4.4 Striations and Abrasion

The measurements of sliding beneath several cold glaciers, at temperatures as low as -17
OC, indicate that abrasion, formation of striae and generation of fine material do occur
beneath cold glaciers, though at rates probably much smaller than at warm beds (Shreve,
1984). This could explain the striations and grain crushing observed by Holdsworth (1974)
and Mercer (1971). As melt rates are negligible in these cases, the vertical contact force of
abrasive tools against their beds would (for typical abraders) result almost exclusively from
viscous drag associated with longitudinal extension of the flow (see Hallet, 1979), and from
the weight of very large boulders. Though abrasion beneath cold glaciers is presumably
sluggish, the use of striations as indicators of warm-bed conditions and the assumption that
cold glaciers do not slide or abrade (Summerfield, 1991; Gow et al., 1997, p. 26,573) should
probably be abandoned.

4.5 Conclusion

Cold-based glaciers actively entrain basal material. This provides a general mechanism for

formation of dirty basal layers, and may in some cases be an important geomorphic process.
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Subfreezing entrainment is facilitated by interfacial water films, which also allow sliding and
abrasion by cold glaciers. The common assumption that cold-based glaciers are “protective
rather than erosional” (e.g. Denton et al., 1993, p. 168) is not true in the absolute sense,

though this statement can be an accurate one if made relative to temperate glaciers.
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Chapter 5

RECONSIDERING THE POLAR REGIONS METEORIC WATER
LINE

Is the isotopic composition of precipitation largely determined by liquid water even at
temperatures as low as-35 °C? Although contrary to current thinking, an affirmative answer
to this question directly solves the decades-old puzzle of why there is a clear and persistent
linear relation between deuterium and oxygen isotope ratios in polar regions precipitation.
This view firmly supports the use of ice core deuterium excess measurements to learn past

climates.

5.1 Background

One of the most remarkable characteristics of earth’s environmental geochemistry is the very
strong linear relationship between the isotopic ratios 680 and 6D of precipitation (Craig,
1961; Dansgaard, 1964) !. This relationship is called the Meteoric Water Line (MWL),
and is on average 6D = 86180 + 8.6 2 (Jouzel et al, 1987). The singular clarity of this
relationship makes measurements of deviations from it useful to paleoclimatologists (Jouzel
et al, 1982; Johnsen et al, 1989), glaciologists, hydrologists, atmospheric scientists, and
biologists (Dansgaard, 1964; Craig, 1966; Jouzel and Souchez, 1982; Federer et al, 1982;
Frape et al 1984; Yesikov et al, 1985; Sternberg et al, 1991; Gibson et al, 1996). The origins

1§ is defined for a sample as — —1 where R is the number ratio of heavy to light isotope-bearing waters,
and R, is a standard value for the ratio. 8D indicates the ratio is HDO to H>'¢O and §'®0 indicates the
ratio is H2'%0 to H2'®0. § values are usually multiplied by 1000, in which case the units are “per mille”.
The ratios for two coexisting phases (e.g. ice and water vapor) differ by a proportionality constant (so
that R, = aR;) which is called the fractionation factor, a. Fractionation factors are different for all the
different isotope-bearing waters and ices, and are temperature-dependent.

2The MWL as originally defined by Craig has an intercept value of 10. Here I use MWL to refer to the
best-fit line through isotopic data.
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for the MWL, and its potential variability, are therefore of great interest.

Deviations from the MWL are described in terms of deuterium excess d = §D — 86180,
which has a global average value of 8.6. This non-zero value results from a natural iso-
topic separation process accompanying evaporation (Merlivat and Jouzel, 1979), and its
magnitude depends on sea surface temperature and relative humidity in the vapor source
regions. Measurements of d on ancient ice recovered by coring the polar ice sheets therefore
may yield important information about past climates of the subtropics (Jouzel et al., 1982;

Johnsen et al., 1989).

The slope value d6D/d§'®0 =~ 8 (and the corresponding near constancy of d) is a con-
sistent feature of precipitation over the polar ice sheets, through both spatial and temporal
climate variations. A slope of 8 is seen clearly in modern precipitation in Greenland (Dans-
gaard, 1964; Johnsen et al, 1989), glacial-age precipitation in Greenland (Johnsen et al,
1989), and glacial-age precipitation in coastal Antarctica (Figure 5.1). Modern Antarctic
precipitation deviates slightly from a slope of 8, with d rising by approximately 12 per
mille in the cold interior of East Antarctica (Petit et al., 1991; Dahe et al., 1994), between
8180 values of -43 and -55 per mille. Glacial-age precipitation in central Antarctica also
very closely approximates a line of slope 8 (Jouzel et al., 1982). Thus, the MWL is an

exceptionally robust feature of the polar environment.

The consistency of the polar MWL remains puzzling despite several decades of study.
The standard model used to explain the MWL of the polar ice caps (Jouzel and Merlivat,
1984; Ciais-and Jouzel, 1994) invokes kinetic (meaning rate-dependent) fractionations ac-
companying growth of ice crystals in clouds that are supersaturated with vapor. The most
widely used form of this model (Jouzel et al., 1987; Johnsen et al., 1989; Jouzel and Merli-
vat, 1984; Ciais and Jouzel, 1994) successfully replicates deuterium excess data but is highly
sensitive to its prescription for cloud supersaturation ratios as a function of temperature,
and employs two adjustable coefficients which are tuned so the model calculations reproduce
the MWL. As clearly recognized by the authors of the standard model (Jouzel and Merlivat,

1984), the high sensitivity to these parameters is problematic because supersaturations may
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Figure 5.1: Isotopic data from three glaciers in the Dry Valleys region of southern Victoria
Land, Antarctica, define a meteoric water line. The dashed line has a slope of eight. We
collected these ice samples in Wright and Taylor Valleys, from the Meserve, Hart, and lower
Taylor Glaciers. Analysis was subsequently done by mass spectrometry at the INSTAAR,
University of Colorado, stable isotope lab by E.J. Steig, B. Vaughn, and J.W.C. White.
The samples shown here mostly represent ice deposited during the last glacial period.
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vary widely in clouds whereas deuterium excess varies little. Sensitivity tests exploring the
full range of naturally permissible supersaturations (Jouzel et al., 1991) predict a possible
range of over 100 per mille in central Antarctic d, a deuterium excess catastrophe in view of
the observed 10 per mille variability (Dahe et al., 1994). Thus even a minor change in the
average supersaturation of clouds during climate changes would cause a significant change
to deuterium excess. The constancy of the MWL in space and through major environmental
changes of the glacial-interglacial cycles indicates a more stable explanation for the MWL
probably exists. A version of the standard model that calculates rather than prescribes su-
persaturation (Gedzelman and Arnold, 1994) is not as successful at reproducing either the
polar regions MWL or the correlation of isotopic composition with temperature. This model
incorporates a rather complete view of cloud microphysics, and therefore ought to reproduce
the MWL nearly perfectly if its isotopic component is complete 3. Instead, it predicts a

large rise of approximately 80 per mille in d between 630 ~ —25 and 6'¥0 =~ —60.

5.2 A New View

Here I show that a stable explanation for the polar regions MWL follows directly from two
principles: 1. Fractionations are equilibrium fractionations and are therefore insensitive to
cloud supersaturation. 2. The isotopic composition of precipitation is dominantly governed
by liquid-vapor equilibrium down to approximately -30 ®C, and is partially governed by
liquid-vapor equilibrium down to-40 °C. A third important, though not essential, feature of
our calculations is the use of refined temperature-dependent fractionation factors for liquid-
vapor equilibrium (Horita and Wesolowski, 1994). These are nearly identical to previously
used values for D — H fractionation but are slightly larger for 80 — 160 fractionation.
Fractionation factors for deeply supercooled water have never been measured, and [ rely on

extrapolations from higher temperature data. *

3a precise replication of the isotope-temperature correlation should not be expected though.

I use the temperature-dependent relations from Horita and Wesolowski (1994) for supercooled water.
An extrapolation is reasonable because the temperature dependence of vibrational partition functions and



91

Following earlier researchers (Dansgaard, 1964; Johnsen et al., 1989; Jouzel and Merlivat,
1984; Ciais and Jouzel, 1994) I calculate isotopic composition of precipitation using a simple
model that follows a single air mass from its oceanic source region pole-ward and upward
over the interior of a polar ice sheet. A simple model of this sort is antiquated relative
to General Circulation Models incorporating isotopic tracers (Jouzel et al., 1987; Jouzel
et al., 1991) but serves to illustrate the predictions of an atmospheric model’s isotopic
component. My approach is to use a very flexible model that represents a broad array of
cloud properties (ice/liquid content and vapor/condensate ratio) and that describes only
the isotopic consequences of cloud microphysical processes, not the processes themselves 5.

The model air mass cools as it rises and radiates heat ®. The cooling causes condensation
to liquid water or to ice, which are enriched in heavy isotope-bearing waters relative to the
vapor. The vapor isotopic composition &, therefore decreases along the path as the number
concentration of vapor-phase water molecules IV, decreases

d§, _ a*—14dN, f
146, 1+ fa* N, 1+ fa*

da™ (5.1)
and 7 the condensate forming at any instant has composition
de=a"[14+6]-1 (5.2)

Here a* is the effective fractionation factor which is a linear combination of the fractionation

hydrogen bond fraction are necessarily smooth (Japas et al., 1995; Van Hook, 1968). Moreover, the relation
for ap in these formulae has a temperature dependence identical to that of the direct measurements for
supercooled water (Merlivat and Nief, 1967) as far as the data go (-15 °C). The small absolute offset
between these is well within the scatter of experimental fractionation data at 0 °C. Below (footnote [12]) I
explore the sensitivity of our results to the extrapolations. For ice-vapor equilibrium fractionation factors
I use Merlivat and Nief (1967) for deuterium and Majoube (1971) for oxygen 18.

51 in no way imply that such a model is a substitute for more complete physical models. Rather it is the
appropriate tool for establishing criteria for a robust MWL,

5The meteorologic component of our model is identical to that of Johnsen et al. (1989)

"The derivation of equation (1) is due to Merlivat and Jouzel (1979). da* = (8 — aw)dA — [Adaw + (1 -
A)dfA] where 8 is the effective fractionation factor determining the composition of ice, @ is the fractionation
factor for liquid-vapor equilibrium, and ) is the fraction of condensate that forms and persists as liquid
water rather than ice (A does not include condensate that forms initially as liquid but is then rapidly
converted to ice). See footnote [9] for the definition of ¢.



92

factors pertaining to water and to ice 8. The average composition of newly-formed ice is
itself determined by an effective fractionation factor 8 which is a linear combination of
the equilibrium fractionation factors for water-vapor equilibrium () and for ice-vapor

equilibrium (o)

B=goi+ (1-g)oy (5.3)

Thus I envision that some ice forms directly in equilibrium with vapor, while other ices
form directly from liquid precursors, or possibly have interfacial liquid layers which are in
equilibrium with vapor (a remote possibility at such low temperatures, according to Dash
et al.,, 1995). Because the composition of ice can be either governed by liquid-vapor or
ice-vapor equilibrium, the distinction here between ice and liquid is that ice in a cloud does
not necessarily maintain equilibrium with vapor, while water does. This is important only
in defining f in equation 1. f is the molar ratio of equilibrated condensate to vapor in the

cloud ? .
I assume that the effective ice/liquid partitioning g is 1 at all temperatures lower than -40

OC, approximately the apparent homogeneous nucleation temperature for water ' (Still-

inger, 1980). Otherwise I vary g with temperature T according to a simple exponential

8a" = Aaw + (1 - A)B.

®Equilibrated condensate being that portion of the ice plus liquid in a cloud which maintains equilibrium

with the vapor. Define the ratio of total mass of condensate (ice plus liquid) to total mass of water vapor
in a cloud as fr. Then I define f = fr[A + (1 — A)¢] where ¢ is a number between zero and one which
prescribes the extent to which ice in the cloud maintains equilibrium with vapor. Typically accumulating
ice will not maintain equilibrium with vapor at all and ¢ = 0. ¢ > 0 would result from a continual process
of sublimation and redeposition of ice particles. The fr is typically very low at high temperatures, and is
unknown at very low temperatures. In between (at temperatures of -20 °C to 0 °C) condensate mass is
typically 1% to 30% in precipitating clouds (Hobbs and Rangno, 1998) corresponding to fr =0.01 to 0.4.
A cloud with 50% condensate would be unusually high, so fr = 1 is a plausible extreme upper limit. In
the calculations present here, I employ four scenarios for fr: I. fr=0 for all T. II. fr=0.1 for all T. III.
fr attains a maximum value of 0.5 at -17 °C, and decreases in either direction, attaining a value of 0.05
at 0 °C and -35 °C. IV. Same as III except the maximum attained value is 1. The low temperature limit
for fr is nearly irrelevant because ¢ = 0.

%My results do not change if I decrease this nucleation temperature by up to 15 K.
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decay with a characteristic scale Ay

233 -T

A ]; T > 233K (5.4)

g=exp[

The specific functional form is not important. The important proposition I make is that
liquid-vapor equilibrium has a significant governing role even at a temperature of -30 oC,
which requires Ay < 20. |

I adopt this hypothesis by choosing A, = 5, 10, or 15 K, and solving equations 1 and 2
along a trajectory that starts over a warm subtropical ocean and ends on a high (3600-meter
elevation) cold polar ice sheet . The solutions for 6180 and 6D are found separately. The
initial isotopic composition depends on sea surface temperature and relative humidity in
accordance with Merlivat and Jouzel (1979), and I choose the relative humidity so that all
initial d values equal nine. This is appropriate for precipitation on the Greenland ice sheet.
To model precipitation on Antarctica, a lower initial d value would be used (Petit et al.,
1991).

Calculations using all plausible values for the adjustable parameters in our model yield
predicted meteoric water lines with slopes of approximately 8 and therefore nearly constant
deuterium excess for the entire range —43 < 6%0 < 0 (Figure 5.2). As this full range
of parameters encompasses a vast array of natural conditions, this explanation for the
MWL is stable, as observations require. Importantly, this result still holds if we prescribe
substantial changes to the fractionation factors for supercooled water, as long as the changes

are proportional for the 80 — 180 and D — H systems 2.

''Johnsen et al. (1989) and Petit et al. (1991) have shown that vapour sources for polar precipitation
must be warm and therefore must be located at low latitudes. As our model is essentially identical to
Johnsen et al’s for T > 0 ®C, I use this condition. As with the Johnsen et al. calculations, our results
are not at all sensitive to the details of the chosen trajectory otherwise. I use an initial ocean surface
temperature of 300 K.

12The fractionation factors for deeply supercooled water may deviate significantly from those derived by
extrapolating trends at warmer temperatures. Suppose that fractionation factors for supercooled water
differ from the extrapolations a2, according to a parameter ¢ such that aw = 1 +¢(ay — 1). Let € be
a monotone function of supercooling, attaining a maximum or minimum of 1 +¢* at -40 9C. I prescribe
e=1+¢" (21%6-_7")'" where m is a constant > 1. If [ assume that € is identical for 180. and for D, so that
the fractionation remains “water-like”, then I find that deuterium excess deviates by no more than two per
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Figure 5.2: Modeled deuterium excess along air-mass trajectories for all combinations of
the parameters A, = 5,10,15; (T), Ay) = (-15,15), (-10,8); ¢ = 0,1 ; fr given by scenarios
LILIILIV (see Note 22). Solid lines are for A; = 5; long dashes for A, = 10; short dashes
for Ay = 15. The initial deuterium excess was chosen to be appropriate for modelling excess
on the Greenland ice sheet, following (7).
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Furthermore, this equilibrium model successfully replicates two independent features
of polar precipitation. First, the 10 to 15 per mille rise in deuterium excess at very low
temperatures on the East Antarctic Plateau is, on average, successfully predicted by the
ensemble of model runs (panel A of Figure 5.3). Although individual trajectories are not
all good, the ten per mille spread of d at given & is not greater than the natural variability
(Dahe et al., 1994). Second, our equilibrium model predicts a relationship between §80
and temperature that is a very satisfying match to the observed correlation between average
880 and average surface temperature (Dansgaard, 1964; Jouzel et al., 1987) (panel B of
Figure 5.3), bearing in mind that model temperature refers to cloud temperatures during
precipitation events (which become increasingly warmer than ground temperatures in the
ice sheet interiors (Lorius and Merlivat, 1977)). My model’s successful imitation of both
this correlation and the d rise are not proof that the model is correct, but shows the model
is consistent with the major features of isotopic data.

_ Thus I propose that an equilibrium isotopic model including a significant role for super-
cooled water‘ explains the polar MWL and its consistency. This model should be viewed as
the solution to an inverse problem, in which I have used the data (the persistent MWL)
to construct the model. 1 do not argue for any particular interpretation of this forward
model in terms of cloud microphysical processes. However, in our view there must be a
quantitatively significant role for mechanisms of ice crystal formation that produce ice with
composition close to that of liquid droplet precursors. These mechanisms must account for
a mass fraction 1 — g of precipitating ice. I fully acknowledge that this view is unconven-
tional and may prove to be wrong. It is justified by its ability to explain a major feature of
geochemistry that remains puzzling to conventional models. Mechanisms that perform this

task may involve

1. direct freezing of liquid droplets onto growing ice particles and

mille for €* in the range -0.3 to +0.3. This is a very large range, because ¢*=0.2 increases the fractionation
factor for supercooled water enough so that it equals the value for ice. If the fractionation factors do not
maintain this “water-like” common relationship, but rather develop a more ice-like relationship, then this
effect is included in the parameter g. Obviously, for our model to be correct, supercooled water cannot
have a significantly ice-like ratio of fractionation factors for T > —30 oc.
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DEUTERIUM EXCESS
18
6 0 {per mille)

8 180 (per ill) TEMPERATURE (C)

Figure 5.3: A. Model predictions for rise in deuterium excess at the very low temperatures of
central Antarctica. Model parameters are same as above. The two trajectories with lowest
d use the physically implausible limit ( = 1. B. Corresponding predictions for variation of
isotopic composition as a function of cloud temperature. The light gray band represents

the actual observations of isotopic composition versus ground temperature, whose mean is
a line of slope 0.65 and intercept -14 (4).
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2. growth of ice crystals from vapor in an environment that is locally dominated by liquid

droplets.

Does our model admit a role for supersaturation-dependent kinetic fractionations (as
identified by Merlivat and Jouzel, 1984)7 Although I contend that such fractionations are
not the reason for the MWL, I think they are plausible and wish to emphasize that our
model does not argue against them. Rather, I suggest that these fractionations are not
isotopically dominant because their cumulative effect, after integration of (1) over the range
of natural temperatures, is small compared to that of liquid-vapor exchange. A sensitivity
test illustrates this quantitatively. To maximize the kinetic effects I assume the largest
permissible vapor pressures, those for liquid-vapor equilibrium, even at temperatures of -50
OC. Then replacing o; in (3) by the kinetic fractionation factor '3 causes only a modest
increase to predicted excess values (Table 1). In nature, supersaturations will vary and
precipitation will reflect an average of these.

Despite the change I am proposing to the explanation for the polar MWL, our view
strongly supports efforts to use ice-core deuterium excess measurements as an indicator of
source-region paleoclimate conditions (Jouzel et al., 1982; Jouzel et al., 1989); in our view
the constancy, and eventual rise, of deuterium excess along an air mass trajectory does not
rely on a delicate balance between the temperature dependences of fractionation factors and
cloud supersaturations. Thus, deuterium excess in an ice sheet interior is likely to reflect
accurately the climate of the evaporative source regions which determine the deuterium

excess of air masses crossing the margins of the ice sheets on their journey to ice core sites.

14

134, is replaced by the kinetic fractionation factor axa; wherein according to Jouzel and Merlivat (1984)
ax = (s,_-x)s'ba_,-ﬁ and S; is the supersaturation ratio (ratio of vapor pressure in the cloud to vapor pressure

at an ice crystal surface) and D is the ratio of diffusivities for different isotope-bearing waters.

14The deuterium excess of air masses entering the ice sheet atmosphere should be properly interpreted
according to Jouzel and Koster (1996).



98

Table 5.1: Average model deuterium excess values for various 6'¥0. The d column are
averages of all models assuming no kinetic fractionation, whereas the dg;, assume the max-
imum possible kinetic fractionation (vapor pressure governed by liquid-vapor equilibrium).
These models mimic Greenland precipitation. For Antarctic precipitation, a different initial
condition must be used (Petit et al., 1991) which lowers d by approximately 5 per mille on
average.

18
3 O (permile) d permite) Oy, (per mille

-20. 8.2 8.8
-30. 7.3 10.1
-40. 8.4 13.4
-50. 14.7 20.1
-60. 26.1 25.7
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